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CHAPTER 1
INTRODUCTION

1.1 Overview of aerosol-cloud interactions

The study of aerosol and cloud properties has been historically divided into two separate
disciplines within the field of atmospheric science. The attention paid to global climate
change has shown that clouds can have a very relevant effect on the Earth’s climate and the
role played by aerosols in their formation, persistence, and dissipation is one of the most
uncertain factors.

Aerosol-cloud interactions (ACl) occur through several processes. A few of them are
relatively well studied and understood. For example, it is known that an increase in the
aerosol concentration increases the number of droplets in warm clouds, decreases their
average size, reduces the rate of precipitation, and extends the cloud lifetime. Other effects
are not yet well known. For example, persistent ice super-saturated conditions are observed
in the upper troposphere that appear to exceed our understanding of the conditions
required for cirrus cloud formation. The aerosol activation, i.e. the cloud droplet formation
from aerosol particles, is not yet accurately parameterized in global climate models and in
cloud resolving models. It is probably the largest source of uncertainty in estimating the
effects of ACl on Earth’s radiation balance and climate, known also as indirect aerosol
effects. The aerosol activation is a highly complex and nonlinear process, that depends on a
multitude of parameters, such as size distribution of aerosols acting as cloud condensation
nuclei (CCN), their chemical composition, meteorological conditions, updrafts and
downdrafts within cloudy regions. Moreover, there are several issues in the performance of
the instrumentation used to provide model input and to assess model performance. For
example, the measurement of CCN concentrations is in itself a challenge, while a theoretical
understanding of the different measurement methodologies, in both their strengths and
limitations, is essential for evaluating instrumental uncertainties (Nenes, 2003).

A summary of the aerosol and cloud related processes, as reported in the Intergovernmental
Panel on Climate Change Fifth Assessment Report, hereinafter IPCC 5™ AR, is shown in Figure

1.1 (Boucher et al., IPCC, 2013).



The main uncertainty is associated with the effect of black carbon and organics (aerosol
types of anthropogenic interest) on droplet and ice formation. The impact of natural
aerosols on clouds (for example mineral dust) as well as of other natural but highly sensitive
effects (for example the Wegener—Bergeron—Findeisen process, by which precipitation
particles may form within a mixed phase cloud composed of both ice crystals and liquid

water drops) needs also a better assessment.
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Figure 1.1: Aerosol and cloud related processes as summarized in the Intergovernmental Panel on Climate
Change Fifth Assessment Report (IPCC 5th AR) [Boucher et al., IPCC, 2013]; processes that affect aerosol-
cloud interactions are in blue; resulting secondary processes are in grey.

The cloud albedo effect is the increase in cloud reflectance that occurs as a result of an
aerosol concentration increase in liquid clouds whose liquid water content remains constant
(Twomey, 1974, 1977). The microphysical reason behind the albedo effect is related to the
enhancement of cloud drop number concentrations and the decrease of cloud drop sizes,
which lead to higher cloud reflectance. Secondary effects of aerosols on clouds are
characterized by a suppression of precipitation (Albrecht, 1989), which is supposed to have
the same microphysical reason of the albedo effect, but it is also due to an enhancement in
evaporation (Wang et al.,, 2003; Xue and Feingold, 2006; Jiang et al., 2006), as well as by
general microphysical-dynamical feedbacks associated with the boundary layer and free-
tropospheric cloud system (e.g., Stevens et al., 1998; Ackerman et al., 2004). A further result
of an increase in aerosol concentration would be an increase of the breadth of the cloud
drop size distribution: this would have the effect of decreasing aerosol influences on
shortwave radiation and on inhibition of precipitation development (Peng and Lohmann,

2003). The nature and magnitude of these effects are highly uncertain. The increase in


http://glossary.ametsoc.org/wiki/Precipitation
http://glossary.ametsoc.org/wiki/Mixed_cloud
http://glossary.ametsoc.org/wiki/Ice_crystals

albedo of liquid water clouds due to anthropogenic aerosols is the mostly studied aerosol
indirect effect.

Studies from global climate models suggest that in the absence of giant CCN and aerosol-
induced changes in ice microphysics, anthropogenic aerosols suppress precipitation in liquid
water clouds; precipitation would be suppressed as well as in mixed-phase clouds in which
the ice phase plays only a minor role. A reduction in precipitation formation leads also to
increased cloud processing of aerosols. Studies with cloud resolving models, on the other
hand, have shown that cloud processing could lead either to an increase or decrease in
precipitation formation in subsequent cloud cycles, depending on the size and concentration
of activated CCN (Lohmann and Schwartz, 2008). When the actual cloud lifetime is analyzed
in cloud resolving model simulations, an increase in aerosol concentration from very clean to
strongly anthropogenically influenced situations does not increase cloud lifetime, even
though precipitation is suppressed (Jiang et al., 2006). This effect is due to competition
between precipitation suppression and enhanced evaporation of the more numerous
smaller cloud droplets at high cloud droplet concentration.

Representation of the albedo effect in global-scale climate models has produced a negative
(cooling) global annually averaged radiative forcing estimate of 0.7 W m?, with a 90%
confidence range from —0.3 W mZ2to—1.8 Wm™ (Forster et al., IPCC, 2007). This radiative
forcing represents the greatest uncertainty of all climate forcing mechanisms reported by
the IPCC 4™ AR. Radiative forcing, as defined by the IPCC, is the net change in irradiance at
the tropopause after stratospheric equilibrium is reached, but with a fixed tropospheric
state (Ramaswamy et al., 2001). Secondary aerosol-cloud effects are consequently relegated
by IPCC to feedbacks or “responses’ in the climate system as opposed to the “radiative
forcing” of the albedo effect (Forster et al., IPCC, 2007). Figure 1.2 shows the estimations of
radiative forcing for different atmospheric constituents and processes from the IPCC 5 AR
(Stocker et al., IPCC, 2013). The horizontal bars represent the values of radiative forcing,
while the thin black segments are the corresponding uncertainty ranges; green diamonds
and associated uncertainties are referred to the estimations assessed in IPCC 4™ AR. It is
evident that the radiative forcing estimation with the lowest level of confidence and the
greatest range of uncertainty is due to aerosol-cloud interactions. This contribution is of -

0.45 W m™ with a variability ranging from - 1.2 W m?Zt0 0.0 W m™
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Figure 1.2: Estimations of radiative forcing for different atmospheric constituents and processes from IPCC 5
AR (Stocker et al., IPCC, 2013). The horizontal bars represent the values of radiative forcing and the thin black
segments are the corresponding uncertainty ranges; green diamonds and associated uncertainties are
referred to the estimations assessed in IPCC 4" AR (Forster et al., IPCC, 2007).

1.2 Droplet activation

Aerosol particles which are capable of initiating drop formation at supersaturation levels
typical of atmospheric cloud formation (ranging between 0.01 % and 1 %, depending on
cloud type) are called cloud condensation nuclei (CCN). CCN are those particles which have
large enough radii and enough solute content to activate into droplets at a prescribed
supersaturation.

Droplet activation is the most important and challenging effect in understanding aerosol-
cloud interactions. It represents the direct microphysical link between aerosols and clouds,
and it is at the heart of the indirect aerosol effects (Nenes and Seinfeld, 2003).

Cloud droplet activation is a highly complex and nonlinear process. Only a fraction of aerosol
particles, depending on size distribution, chemical composition, and updraft velocity, can
grow beyond their critical sizes to form droplets, while the not activated ones exist as

interstitial particles (Ming Yi, et al., 2006).



In marine air, only about 50 % of all aerosol particles may be CCN for typical clouds, with
supersaturations lower than 1% (Hegg and Hobbs, 1992). Typically, CCN are particles smaller
than 0.2 um, or about 1/100 the size of a cloud droplet on which water vapor condenses.
Water requires a non-gaseous surface to make the transition from a vapor to a liquid; this
process is called condensation. In the atmosphere, this surface presents itself as tiny solid or
liquid particles called CCN. Clouds form when air containing water vapor and aerosol
particles is cooled below the dew point. Water vapor condenses on aerosol particles. The
equilibrium vapor pressure of water above a liquid water drop is controlled by Raoult's law
(vapor pressure lowering by solute) and the Kelvin equation (free energy of surface tension)
and is strongly a function of drop radius. The vapor pressure is given by the so-called Kéhler
(Kohler, 1936) equation for the water vapor pressure as a function of drop radius, which can

be written as:

2My,0 vmg/M
e =e, exp|l——— s/ Ms (1.1)
RoTpa  (mavp—my) i

where: e is the water vapor pressure in equilibrium with the drop, e, is the saturation vapor
pressure of water at the ambient temperature, My and Ms are the molecular weights of
water and solute respectively, o is the solution-air surface tension, Rg is the gas constant, T
is the temperature, p is the solution density, a is the drop radius, v is the van' t Hoff factor
(equiv / mol) including non ideality corrections and ms is the solute mass.

In Kohler’s theory, the “activation” of an aerosol particle to form a cloud droplet occurs
when the environmental water vapor pressure exceeds maximum in Koéhler equilibrium
expression (critical supersaturation), with resultant condensation of water vapor, sufficiently
long for the drop radius to exceed the corresponding critical radius. Once the drop is
activated it grows under kinetic control. Activation is inherently kinetic, being controlled
mainly by vapor-phase diffusion and heat transfer. All droplets with critical supersaturations
below the maximum value of ambient saturation S can activate to cloud droplets, although
the diffusional growth of droplets may be sufficiently slow that all droplets with critical
supersaturations below S will not have time to activate (Jensen and Charlson, 1984; Nenes
et al., 2001). The maximum value of S achieved in a rising air mass, as well as the number of
activated droplets, results from a competition between the ambient cooling rate and
condensational depletion of water vapor, which is affected by the number concentration,

size distribution, and composition of the aerosol particles present.



Koéhler’s theory works well when the CCN are composed of a completely or fairly soluble
solute and assumes that CCN are in thermodynamic equilibrium until the point of
spontaneous growth. Moreover, it is assumed that a cloud forms only in a supersaturated
water vapor environment, that is true for particles composed of completely soluble
substances (with or without the presence of insoluble material), and that the number of
activated particles is controlled strictly by meteorological factors, such as the rate at which a
rising air parcel cools. However, it has recently become evident that chemical processes,
compositional influences on physical properties, and kinetics also influence the formation of
cloud droplets. These include the roles of insoluble particles (Kumar et al., 2009), soluble
gases (Kulmala et al., 1993; Laaksonen et al., 1998), partially soluble solutes (Shulman et al.,
1996), surface tension depression by organic substances (Facchini et al., 1999), aqueous-
phase chemistry (Mattila et al., 2000), and slow condensation kinetics (Jensen and Charlson,
1984; Nenes et al., 2001). These processes necessitate a reshaping of the theory of cloud
formation and suggest that additional information is needed to develop an ability to relate
cloud droplet number concentration to the gases and aerosols in an increasingly
anthropogenically perturbed atmosphere (Nenes, 2003). For example, a reshaping of
Kohler’s theory that describes droplet formation from insoluble but wettable particles, such
as dust and black carbon, has been developed by Kumar (Kumar et al., 2009). The activation
of these insoluble particles is treated by the Frenkel-Halsey-Hill (FHH) adsorption model
(Sorjamaa and Laaksonen, 2007) in which water vapor is adsorbed onto the surface of
insoluble particles. The equilibrium water vapor supersaturation, S, of a given insoluble

particle is given by:

4My,0

= sy ~ A (o5 2)

where: o is the surface tension at the particle-gas interface, My, is the molar mass of water, R
is the universal gas constant, T is the temperature, p,, is the density of water, D, is the
equivalent particle diameter, Dy is the dry particle diameter, D,, = 2.75 A is the diameter of
a water molecule adsorbed on the particle surface, Aryy and Bryy are empirical constants.

Arny characterizes interactions between the first monolayer of water molecules and aerosol
surface. Bryn characterizes the attraction between the aerosol surface and water molecules
in subsequent layers; the smaller the value of Bryy, the greater the distance at which the

attractive forces act (Sorjamaa and Laaksonen, 2007). Aryn and Bryy are compound-specific



and determined experimentally. Aryy has been experimentally found to range from 0.1 to
3.0, while Bgyy ranges from 0.5 to 3.0 (Sorjamaa and Laaksonen, 2007).

In both theories of droplet activation described above, during cloud formation the
environmental supersaturation in a given air parcel typically exhibits a short transient
maximum, triggered by initial adiabatic cooling and quenched by condensation of water
vapor onto the newly available surface area of the activated cloud droplets, which serves as
a runaway sink for water vapor. The time history of the saturation ratio depends intrinsically
on the interaction of water vapor with aerosol and gaseous solutes. Cloud droplet activation
determines the droplet number concentration and size distribution of the resultant cloud
and the distribution of soluble gases taken up in the cloud water. The efficiency of activation
of aerosol particles is of interest in cloud chemistry and microphysics. The efficiency of cloud

droplet activation is a major influence on deposition of aerosol materials in rain.

1.3 Droplet activation in numerical models

Droplet activation in atmospheric models is simulated using various parameterizations,
whose complexity range from simple empirical correlations to physically-based prognostic
formulations.

The simplest parameterization that allows the analytic calculation of the number of
activated particles was found by Twomey and Wojciechowski (Twomey and Wojciechowski,
1969). They measured the concentrations of activated CCN as a function of supersaturations
in the atmosphere in a very comprehensive field campaign and parameterized the activated

CCN concentration N.-y with the following relation:

NCCN = CSK (13)

where S (%) is the ambient supersaturation and C (cm?) and K are constant parameters
characteristic of the atmosphere in which the measurement is performed. Another
parameterization provides the maximum activable CCN concentration N¢cy, .. (Twomey,

1959):

20173/2 2/K+2
6.9 X10™“W
NNy = CH/K*2 <W> 4
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where C (cm™) and K are characteristic atmospheric parameters, W (cm s) is the updraft
velocity and f is the beta function. These parameterizations do not account for the
dependence of droplet activation on the chemical composition and size distribution of
aerosols and (1.3) takes no account even for dependence on updraft velocity of air parcels.
As a consequence, the above-mentioned parameterizations are extremely limited in their
applicability to the wide variety of conditions controlling droplet formation.

More advanced parameterizations (Abdul-Razzak and Ghan, 2000, 2002; Ekman et al., 2004),
based on Kohler theory of the behavior of a solution droplet in equilibrium with the ambient
water vapor field, take into account the chemical composition and size distribution of the
aerosols. They consider a parcel of initially cloud-free air, rising adiabatically at constant
speed. The model inputs include size distribution and chemical composition of aerosols, a
spectrum of updraft velocities and thermodynamic properties, such as air temperature and
pressure, at the cloud base. The size distribution is described by a mono-modal or
multimodal lognormal size distribution, where each mode can have different internally
mixed chemical composition; alternatively, the aerosol size distribution can be represented
by a number of different size bins, with a uniform concentration and internally mixed
chemical composition of particles in each bin, that is called “sectional representation” and
allows for treatment of size distributions that diverge widely from lognormal distributions.
The chemical composition for each aerosol type is taken into account via a hygroscopicity
parameter, which is used in defining critical supersaturation as a function of radius for each
particle (the more hygroscopic the particles, the lower the critical supersaturation for a given
radius). The mass fraction of each aerosol type for each particle radius is also required to run
the models. In order to account for the variability of updraft velocity within the turbulent,
convective clouds, a spectrum of updraft velocities with mean and standard deviation is
considered. The concentration of activated CCN is derived calculating the maximum
supersaturation reached in the air parcel as it rises, assuming that the maximum
supersaturation is the critical supersaturation for the smallest particle activated in each
mode or size bin. This assumption should be valid if the chemical composition in each mode
or size bin is homogeneous and the particles are all spherical.

The previous parameterizations, based on Kohler theory, have some issues. One of the
assumptions of Kohler theory is that the solution drops are in equilibrium with the ambient
water vapor field. It implies that the mass transfers from the aerosols to the ambient
atmosphere and vice-versa are instantaneous. But the instantaneous equilibration of all the
aerosol particles to any changes in supersaturation leads to a problem with the large aerosol

particles. The water vapor absorbed by these large particles when they activate may be



larger than the total water vapor available at that point in the atmosphere (Chuang et al.,
1997).

Furthermore, the assumption of equilibrium leads to a wrong estimation of the number of
activated particles due to kinetic limitations of mass transfer between aerosols and ambient
atmosphere as the aerosols grow by condensing water vapor from the ambient atmosphere
(Nenes et al.,2001). According to Kohler theory, all the particles whose critical
supersaturation is lower than the maximum the parcel has will activate immediately. But
according to condensational growth theory, the time for which the particle encounters a
supersaturation higher than its critical supersaturation is very important too. The aerosol
must encounter such supersaturations long enough for the aerosol to grow to its critical size.

Four different possible scenarios are identified:

e Aerosol particles whose equilibrium supersaturation decreases, after activation, and
always remains lower than the parcel supersaturation. Thus, these particles always
remain activated.

e Aerosol particles with a large dry diameter and, according to Kohler theory, low critical
supersaturation S.. These particles need very large times to reach equilibrium, do not
have sufficient time to reach their critical diameter and hence cannot activate. But these
particles continuously grow, because the parcel supersaturation S remains greater than
S, and attain a wet diameter as large as other activated particles. Thus, these particles
must be counted as activated.

e Aerosol particles with a high critical supersaturation S, such that the time for which the
parcel supersaturation S is greater than S, is not sufficient for the particle to grow to its
critical size. Thus, these particles initially grow as long as S > S, , but when S < S¢ they
start to evaporate.

e Aerosols which are activated initially, but during the evolution of the parcel
supersaturation, this becomes lower than the equilibrium supersaturation of the
particles and the particles start to evaporate. Thus, these droplets evaporate and the

water vapor added to the ambient atmosphere allows the other particles to grow.

The experiments showed that because of these kinetic limitations, the equilibrium
assumption over-estimates the cloud droplet number by less than 10% for pristine marine
aerosol and by more than 40% for continental aerosols ( Nenes et al.,2001).

Finally, processes of mass redistribution between the particles can occur due to various
effects, such as different amounts of salt in the particles, different sizes of particles, radiative

cooling or heating of the drops. For example, given two aerosol particles with different sizes,



the equilibrium vapor pressure over these particles is different because, by Kohler
equilibrium theory, it depends on their sizes. Then, if the ambient supersaturation falls
between the equilibrium supersaturations of these two particles, the smaller particle would
evaporate while the larger one would grow. Thus, water molecules can be transferred from
the smaller drops to the larger ones. Although these mass redistribution processes can be
neglected for monodisperse aerosols, they become pronounced as the aerosol chemical
composition and size distribution vary greatly.

To address some of the limitations discussed above, new parameterizations of aerosol
activation, based on time-dependent calculation of mass transfer between aerosols and the
ambient atmosphere, have been developed (Steele, 2004; Fountoukis and Nenes, 2005;
Ming et al., 2006). These parameterizations are an extension of the previous ones, that
compute the mass transfer to and from aerosols by solving a time-dependent diffusion
equation, while taking into account the influence of gas kinetics on the water vapor
diffusivity. This explicit computation of aerosol activation is expected to provide accurate
prediction of cloud droplet number concentrations from aerosol size distribution and
chemical composition.

The parameterizations of droplet activation are applied to global models, in order to
qguantify the aerosol indirect effects on the planetary energy balance, and to cloud-resolving
models, in order to provide a computationally efficient way to predict supersaturation and

cloud formation and evolution.

1.4 State of the art about the experimental study of aerosol-cloud interactions

Aerosol-cloud interactions, and in particular cloud droplet activation, are not yet accurately
quantified and parameterized in numerical weather and climate models, because their
experimental investigation is very difficult due to the complexity of the involved processes
which take place in the atmosphere far away from the ground. However, the experimental
investigation of these processes, based on accurate estimations of aerosols and cloud
properties, is strongly needed in order to reliably evaluate ACI and cloud microphysics in
numerical models and better quantify the impact of clouds on the Earth’s climate due to the
aerosol-cloud interactions, that is the aerosol indirect effects. “Disentangling” the effects of

aerosols and meteorology on cloud radiative effects is a major challenge that prevents us
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from quantifying the aerosol cloud-mediated climate forcing and therefore constitutes the
largest source of uncertainty in anthropogenic climate forcing (Rosenfeld et al., 2014).

ACl have been examined empirically using several different variables to represent cloud
microphysics (e.g., cloud optical depth, drop effective radius, drop number concentration)
and various proxies for aerosol amount (e.g., aerosol optical depth, light scattering
coefficient, CCN number concentration and size distribution). Additionally, these
observations have been made from an array of different instruments that reside on various
platforms or at the same observation station. Measurements are commonly made in situ at
the surface or from aircraft and by ground-, aircraft-, and space-based remote sensing. All
these measurements techniques have their advantages and limitations, but their synergetic
use along with the development of new methodologies for the data exploitation can strongly
contribute to the investigation of ACI.

Space-based remote sensing allow to study atmospheric variables at global scale, but
ground-based observations are necessary for calibration and validation (GCOS, 2006).
Upcoming satellite missions aim at showing the benefit coming from the availability of
technological improvements and innovations. However, research is necessary to improve
retrieval algorithms of atmospheric variables and to assess the real advances in the
knowledge of weather and climate. Quality-controlled vertical profiles of atmospheric key
variables provided by ground based advanced atmospheric observatories represent the
optimal basis for the satellite calibration/validation programs. So far, atmospheric
observatories are working towards the development of new observations strategies and the
full exploitation of the synergy among active and passive profiling sensors. This is highly
relevant for the new generation satellites equipped with multiple sensors on board the same
observation platform. Ground-based observations provide long-term monitoring also of
parameters that, at present, are challenging for space observations. For instance, the study
of thin liquid water clouds as well as the mechanisms leading to droplet activation is
challenging for satellite passive sensors, whereas they are important for weather and
climate studies.

Moreover, the retrieval algorithms that can be applied to satellite measurements often need
to be assessed on dedicated ground based platforms. For example, the CHASER (Clouds,
Hazards, and Aerosols Survey for Earth Researchers) satellite mission (Rosenfeld et al., 2012;
Renné et al.,, 2013) aims to perform simultaneous measurements of CCN and cloud
microphysical and dynamical properties from space, using the base of convective clouds as
CCN chambers. Rosenfeld (2012) has shown how the number of activated CCN into cloud

drops at the base of convective clouds (Na) is retrieved based on the high-resolution (375m)

11



satellite retrievals of vertical profiles of convective cloud drop effective radius (re). The
maximum cloud base supersaturation (S) is calculated when Na is combined with radar-
measured updraft and yields CCN, which was validated well against ground-based CCN
measurements during the conditions of well-mixed boundary layer over the U.S. Department
of Energy’s Atmospheric System Research Southern Great Plains site.

Satellite retrieving Na is a new capability, which is one essential component of simultaneous
measurements of cloud microstructure and CCN from space by using clouds as natural CCN
chambers. Anyhow, a methodology for satellite estimates of cloud base updraft is not yet
been developed and demonstrated. Therefore, ground based remote sensing is the ideal
platform where to test the algorithms to be implemented for the retrieval of parameters
from satellite sensors. This implies the need of investigating extensive datasets for those
parameters that might act as a proxy for the study of the interaction between aerosol and
cloud layers.

Although the different measurement techniques are complementary, differences in
perspective as well as mismatched sampling in space and time will result in variability and
uncertainties in the characterization of ACI, that should be well assessed before each specific
study. For a wide range of aerosol concentrations and cloud liquid water, local radiative
forcing (under conditions of total cloud cover) can range from approximately 1 to 60 W m™
(McComiskey and Feingold, 2008, 2012). Understanding the relationships among these
various measurements is a mandatory first step toward understanding the natural variability
of the processes in different environmental conditions as distinct from measurement
uncertainty. A quantitative characterization of ACl on process level scales is necessary for
reducing the uncertainty in associated radiative forcing estimated by global-scale climate
models. For example, the quantification of the albedo effect as it varies under different
environmental conditions and with different observational approaches is not well
characterized. This results in persistent and large uncertainties in radiative forcing
(Ramanathan et al., 2001; Feingold et al., 2003; Twohy et al., 2005, and references therein;
Kim et al., 2008).

Therefore, a big challenge is now to understand to what extent various measures of ACl are
robust and consistent and which are the factors affecting the magnitude of ACI (e.g., cloud
type, water phase, dynamics, aerosol composition and size). Moreover, it is needed to assess
if the variability in metrics of ACI found in the literature is due to physical processes,

measurement uncertainties, observational approaches, or a combination of all of these.
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1.5 Summary of the content

In this work, a new methodology for experimental investigation of droplet activation, based
on ground-based multi-wavelength Raman lidar and Doppler radar techniques, is presented.
The study is focused on the characterization of thin liquid water clouds, which are low or
midlevel super-cooled clouds characterized by a liquid water path (LWP) less than about 100
gm? (Turner et al., 2007). These clouds contribute for more than one third to the global
mean cloud coverage (Rossow and Shiffer, 1999) and are often optically thin (i.e. cloud
optical depth is lower than 3), which means that ground-based Raman lidar and Doppler
radar allow the cloud top detection and the full profiling throughout cloud layers with high
vertical and temporal resolution.

20 case studies with the presence of optically thin liquid clouds have been selected for this
study. In particular, clouds with a “broken” structure are considered, where “broken” refers
to single layer clouds with a not homogeneous horizontal structure, characterized by cloud
fields separated by cloud-free regions.

The vertical profiles of extensive optical properties (extinction and backscattering
coefficients) and water vapor content (water vapor mixing ratio and relative humidity) are
retrieved in cloudy regions and in surrounding cloudless regions, with high vertical
resolution, in the order of 100 m. The extinction coefficient profiles in cloudy regions are
corrected for multiple scattering.

Several properties of cloud layers, such as their geometrical and optical depth, the height
and temperature of their base and top, the cloud LWP have been estimated with good
agreement with the cloud products obtained from Cloudnet algorithms. In particular, the
estimation of the cloud base and cloud top heights has been compared with the Cloudnet
products (Hogan and O’Connor, 2006).

The type and source of aerosol in cloud-free regions surrounding the clouds have also been
identified from the analysis of air mass back-trajectories, provided by Hysplit model (Draxler
and Rolph, 2014; Rolph, 2014), along with the values of the aerosol intensive optical
properties (i.e. lidar ratios and Angstrom exponents). Furthermore, the microphysical
properties of aerosol in cloud-free regions surrounding the clouds are retrieved from the
vertical profiles of multi-wavelength aerosol extensive optical properties, using the
algorithm developed by Veselovskii et al. (2004). Aerosol microphysical properties include
the size distribution and the complex refractive index.

A statistical study of the variability of optical properties and humidity in the transition from

cloudy regions to cloud-free regions surrounding the clouds is presented and discussed.
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From this study, threshold values of optical properties that allow to discriminate between
cloudy and cloudless regions are identified. These values can be used to directly evaluate
and improve the ability of cloud numerical models to predict the formation of liquid water
clouds, using ground-based Raman lidar measurements of extinction and backscattering
coefficients. This evaluation also implies an indirect validation of droplet activation
parameterizations used in cloud models.

The moments of the radar Doppler spectra are analyzed to estimate droplet sizes as well as
updrafts and downdrafts in cloudy regions, with the aim to correlate them to the aerosol
microphysical and optical properties.

Finally, a correlation between the effective radius of aerosols in cloud-free regions
surrounding the clouds and droplet updrafts and downdrafts close to the cloud base is
found.

The presented methodology and results for thin liquid clouds can be applied for future
research to improve our understanding of ACI, and particularly, cloud droplet activation. For
AClI, correlations between cloud optical depth and aerosol optical (optical depth, lidar ratio)
and microphysical (effective radius, number concentration) properties in proximity of clouds
can be investigated; moreover, from cloud optical depth and LWP it is possible to retrieve
cloud microphysical properties (effective radius and number concentration of droplets) and
relate them to the aerosol optical and microphysical properties. This will be considered in
the follow-up of this work.

For droplet activation, it is possible to directly validate the parameterizations used in the
models, by applying them to the thin liquid clouds considered in this study. Indeed, the
presented methodology allows to derive aerosol optical and microphysical properties and
aerosol type in proximity of the clouds, cloud optical and microphysical properties, as well as
information on the updraft speed and atmospheric thermodynamic properties at the cloud
base. All these parameters contain information on the input and output (droplet
concentration) data used in droplet activation parameterizations, as well as on diagnostic or
prognostic variables of global, regional or cloud-resolving numerical models to which these
parameterizations are applied. Therefore, these parameterizations and numerical models
can be directly validated and improved.

The presented methodology is a good alternative to in situ measurements from aircraft in
order to investigate ACl. These measurements are able to provide cloud and aerosol
microphysics observations as well as atmospheric state observations (turbulence,
temperature, and water vapor content), but they are still very expensive and limited in time

and space sampling.
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On the other hand, the other surface and satellite remote sensing techniques are not
currently able to provide the estimation of the same aerosol and cloud properties, with the
same precision. For example, Cloudnet cannot provide aerosol extinction coefficient and
microphysical properties. The resolution of most conventional satellite passive sensors [e.g.,
Moderate Resolution Imaging Spectrometer (MODIS)] is too low to retrieve the properties of
thin liquid clouds because of their small sizes (Dey et al., 2008), which prevents the
acquisition of the long-term statistics needed to evaluate cloud parameterizations and
numerical models; moreover, if retrieved, cloud droplet size and optical depth are typically
biased (Marshak et al., 2006). Space-based lidars [e.g. Cloud—Aerosol Lidar and Infrared
Pathfinder Satellite Observations (CALIPSO)] provide the profiles of optical properties for
aerosols and clouds, but these profiles are retrieved from elastic backscatter lidar, with
assumptions or parameterizations of lidar ratio constructed using ground-based lidar or sun
photometer measurements (Winker et al., 2009; Young and Vaughan, 2009). This can result
in large biases in the retrieval of particle optical properties and ACI.

The thesis is organized as follows.

Chapter 2 describes the remote sensing techniques, the instruments and the algorithms
considered in this work. Particular attention is devoted to the lidar systems and their
algorithms, used to retrieve the optical properties of aerosols and clouds and the
atmospheric water vapor content, and to the Doppler radar, used for the retrieval of vertical
wind.

Chapter 3 describes the methodology used for the analysis and processing of lidar, radar and
microwave radiometer data, in order to determine the geometrical and optical properties of
aerosols and clouds. A case study is also discussed.

Chapter 4 describes the results obtained from the analysis of 20 selected case studies. A new
approach to estimate cloud boundaries from Raman lidar signals is compared to the
corresponding estimations provided by Cloudnet. A statistical study of the variability of
optical properties and humidity in the transition from cloudy regions to cloud-free regions is
presented and discussed. This study leads to identify threshold values for the optical
properties, that allow the discrimination between cloudy and cloudless regions. A statistical
study of the moments of the radar Doppler spectrum is also reported, to characterize
droplet size and updrafts and downdrafts close to the cloud base. Chapter 4 ends discussing
the correlation between the effective radius of aerosols in cloudless regions surrounding the
clouds and cloud updrafts and downdrafts close to the cloud base.

The thesis closes with a summary of the results and perspectives for future research.
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CHAPTER 2
INSTRUMENTS AND ALGORITHMS

The research activity described in this work has been carried out at the Istituto di
Metodologie per I’Analisi Ambientale of the Italian National Research Council (CNR-IMAA),
where an advanced atmospheric observatory is operative. The CNR-IMAA Atmospheric
Observatory (CIAO) is equipped with state-of-the-art techniques and instruments for the
ground-based remote sensing of the atmosphere, including active and passive sensors, like
lidars, ceilometers, radiometers, and a cloud radar, as well as surface meteorological and
radiation sensors. CIAO is able to provide vertical profiles of aerosol, water vapor and cloud
properties with high time-space resolution and high accuracy. Therefore, CIAO historical
data archive represents an optimal basis to study ACl and droplet activation. In the

following, the CIAO infrastructure with its instruments and algorithms is described.

2.1 CIAO

The CNR-IMAA Atmospheric Observatory (CIAQ) is located in Tito Scalo, 6 km far from
Potenza, Southern Italy, on the Apennine mountains (40.60 N, 15.72 E, 760 m a.s.l.) and less
than 150 km far from the West, South and East coasts. The site is in a plain surrounded by
low mountains (<1100 m a.s.l.). The observatory operates in a typical mountain weather
strongly influenced by Mediterranean atmospheric circulation, resulting in generally dry, hot
summers and cold winters. In this location phenomena like orographically-induced effects on
cloud formation can be studied. The site is representative of the Mediterranean area and is
affected by a large number of Saharan dust intrusions each year.

CIAO is a well-established ground-based remote sensing observatory for the study of
weather and climate, the largest in the Mediterranean Basin. The observatory consists of a
combination of advanced systems able to provide high-quality long-term properties of

aerosol and clouds. Since 2000, systematic observations of aerosol, water vapor and clouds
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have been collected and the acquisition of new active and passive microwave profilers has
strengthened the equipment required for performing accurate aerosol and cloud
observations.

CIAO whole facility is distributed within an area of about 200 m? and the problem of the co-
location of atmospheric observations is not so relevant (see Figure 2.1).

At CIAO large attention has been traditionally paid to the study of aerosol and water vapor
using lidar techniques (Pappalardo et al., 2004a, b, 2010; Mona et al., 2006, 2007, 2009).
However, since 2004 the facility strengthened its observing capability for the monitoring of
clouds through the acquisition of new active and passive microwave profilers, with the main
objective to investigate aerosol-clouds interactions using both active and passive remote
sensing techniques. The wide range of measurements provided at the facility makes it an
ideal site for calibration, validation and intercomparison campaigns. All the observations
performed at CIAO are designed in order to be redundant, traceable and to follow the main
international standards, provided by the WMO and other research programs. CIAO
equipment addresses the state-of-the-art for the ground based remote sensing of aerosol,
water vapor and clouds including active and passive sensors, like lidars, ceilometers,
radiometers, and radar, as well as two radiosounding systems, surface weather stations,
radiation sensors and a sky camera.

CIAOQ is also equipped with a data center hosting several advanced calculus machines and a

data storage with a capacity of 20 Tb, probably to be extended in the near future.
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100 m

1. Manual sonde launcher 8. Sun photometer
2. Ka-band Doppler radar 9. Microwave profiler
POTENZA GRUAN SITE (15'72 E, 40.60 N, 760 m a's'l') 3.A | multi gth R: lidar  10. Aerosol/Water vapor multi-wavelength Raman lidar
4. 1064 nm ceilometer 11. All-sky camera
5. GPS antennalreceiver 12. Automatic sonde launcher
6. Radiation station 13. Weather station

7. 905 nm ceilometer

Figure 2.1: The Potenza GRUAN (GCOS Upper-Air Reference Network — www.gruan.org) Site

2.2 Lidars

Since 1993, lidar remote sensing of the atmosphere is one of the main research activities
carried out at CIAO. Currently, two lidar systems are operative at CIAO, devoted to the study
of aerosol, water vapor and clouds. These lidar systems have been designed and
implemented by the observatory team. The multi-wavelength lidar system for tropospheric
aerosol characterization, PEARL (Potenza EArlinet Raman Lidar), operative at CIAO since
August 2005 (Mona et al., 2006, 2009), has been designed to provide simultaneous multi-
wavelength aerosol measurements for the retrieval of optical and microphysical properties
of the atmospheric particles (Ackermann et al., 1998; Miiller et al., 2001) and water vapor
mixing ratio profiles. This system is the result of the upgrade of a pre-existing lidar system,

operative since May 2000 in the frame of EARLINET (Bosenberg et al., 2001). The system is
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based on a 50 Hz Nd:YAG laser source emitting at 1064 nm and equipped with second and
third harmonic generators. An optical system, based on mirrors, dichroic mirrors and 2X
beam expanders, separates the three wavelengths allowing to optimize the laser beam
power and divergence for each wavelength. The beams are mixed again in order to get the
collinearity of the three wavelengths and to transmit them simultaneously and coaxially with
respect to the lidar receiver, a F/10 Cassegrain telescope with a primary mirror of 0.5 m
diameter and an equivalent focal length of 5 m. The backscattered radiation from the
atmosphere is collected by the telescope and forwarded to the receiving system, equipped
with 16 optical channels. Three channels are devoted to the detection of the radiation
elastically backscattered from the atmosphere at the three laser wavelengths (355 nm, 532
nm and 1064 nm). Three channels detect the Raman radiation backscattered from the
atmospheric N, molecules at 387 nm and 607 nm, and H,O molecules at 407 nm. Two
further channels detect the polarized components of the 532 nm backscattered light
(perpendicular and parallel with respect to the direction of the linearly polarized beam
transmitted by the laser at 532 nm). Each of all these channels is further split into two
channels differently attenuated for the simultaneous detection of the radiation
backscattered from the low and high altitude ranges, in order to extend and optimize the
dynamic range of the system. The spectral selection of the collected radiation is performed
by means of dichroic mirrors and interference filters. Interference filter bandwidths is 0.5
nm at all the wavelengths for both night-time and daytime operations. For the elastic
backscattered radiation at 1064 nm the detection is performed by using an avalanche
photodiode detector (APD) and the acquisition is performed in analog mode. For all the
other acquisition channels, the detection is performed by means of photomultiplier tubes
(PMT) and the acquisition is in photon counting mode. PEARL performs systematic
measurements two times per week in the frame of EARLINET (Pappalardo et al., 2010), and
during international experiments or special atmospheric events (saharan dust outbreaks,
volcanic eruptions, etc.). The raw vertical resolution of the lidar signals is 7.5 m for 1064 nm
and 15 m for the other wavelengths, while the raw temporal resolution is 1 min. The optical
configuration of the system is given in Figure 2.2, while the main specifications are listed in

Table 2.1.
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DM: Dichroic mirror

M: Mirror

= HT: Dichroic mirror

E FI: Interferential filter

POL.: Polarizer beam splitter

PMT

FL, 60 BS: Beam splitter
A PMT: Photomultiplier
APD: Avalanche photodiode
APD |
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Figure 2.2: Optical layout of PEARL system

LASER: NG:YAG [Continuwn Powerlite Precision TT 9050)
Max.pulse energy : 1200mT €1064nm

600mJ €3532nm

350mT € 355nm
Max. repetition rate S0Hz
Beam divergence 0.25 mead
{beam expander 2X with remixing)
RECEIVER: in Tel
Diameter of the primwy mirror  05m
Combined focal length Sm
Nighttime field of view 1merad
Achromatic lens @=2", =50cm
CHANNEL SELECTION

Interference filters {FI), bandwidih 0.5 nm
Polarizer beam splitter (BK7) a 532 nem (POL)
Dichreicmirrors (DM e HT)

Selectionof high and low altihude channels

ACQUISITION

Fotomultipliers (PMT) THORN EMT

9202QA 532,5321, 532|, 607 nm

9893/350B 355, 386 nm

EG&G MCS - PCT (100ns min dwell time, 150MHz photon counting)

APD 1064 nm Licel Transient recorder {12bit 20 Mz analogic, 250 M-z
photoncounting)

Operational since 2000 (upgrade in 2005 of a pre-existing lidar system)

Table 2.1: Main specifications of PEARL system
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MUSA (Multi-wavelength System for Aerosol) is a mobile multi-wavelength lidar system
based on a 20 Hz Nd:YAG laser emitting at 1064 nm and equipped with second and third
harmonic generators and on a F/3 Cassegrain telescope with a primary mirror of 30 cm
diameter and an equivalent focal length of 95 cm. The three laser beams at 1064, 532 and
355 nm are simultaneously and coaxially transmitted into the atmosphere in a bistatic
configuration. As for PEARL, the receiving system has 3 channels for the detection of the
radiation elastically backscattered from the atmosphere and 2 channels for the detection of
the Raman radiation backscattered by the atmospheric N, molecules at 607 and 387 nm. The
elastic channel at 532 nm is split into parallel and perpendicular polarization components by
means of a polarizer beam splitter cube. The backscattered radiation at all the wavelengths
is acquired both in analog and photon counting mode. The typical raw vertical resolution of
the lidar signals is 3.75 m with a raw temporal resolution of 1 min. The system is compact
and transportable. MUSA has been developed in cooperation with the Meteorological
Institute of the Ludwig-Maximilians-Universitdat of Munich and it is one of the reference
systems used in the frame of the EARLINET Quality Assurance program. The optical
configuration of MUSA is given in Figure 2.3, while the main specifications are listed in Table

2.2.
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355nm

PMT DM 607nm

RL: Rectangular slit E
DM: Dichroic mirror 3
RW: Rotating waveplate S
IF: Interferential filter IF:
LP-s: Linear polarizer: cross component
LP-p: Linear polarizer: parallel component

PBS: Polarizing beam splitter é APD
PMT: Photomultiplier

APD: Avalanche photodiode

Figure 2.3: Optical layout of MUSA system
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LASER: ND:YAG (Contirum Surelite II-20)
Max_pulse energy : 550mT @1064nm

250mY ©532nm

120mT ©355nen
Max. repetition rate 20k=
Beam divergence 0.6 merad

RECEIVER: in Tel

Diameter of the primay mimor  03m

Combined focal length 950 mm

Nighttime field of view 1 mead
Achromatic lens @=9mm, =100mm
CHANNEL SELECTION

Interference filters {FI), bandwidih 0.5 nm
Polarizer beam splitter (BK7) at 532 nm (POL)
Dichroic mirrors (DM e HT)

ACQUISITION

Fotomultipliers {(PMT), Hamamat<u

R7A00P-06 355, 387, 532 1, 532| nm

R7400U-20 607 nm

APD 1064nm

Licel Transient recorder {12bit 40 MHz analogic, 250 MHz photoncounting)

Operational since April 2009

Table 2.2: Main specifications of MUSA lidar system

2.3 Optical properties of aerosol and clouds

Both MUSA and PEARL allow independent measurements of extensive optical properties of
aerosols and clouds. These properties depend on both the nature and amount of the
particles and are the extinction coefficient and backscattering coefficient.

The extinction coefficient a;(z) at a given wavelength 1 is a measure of attenuation of the
light passing through the atmosphere due to the scattering and absorption by particles and
molecules. It is the fractional depletion of radiance per unit path length and has units of m™.
The extinction coefficient is a combination of the scattering coefficient aj and the

absorption coefficient aj of molecules (mol) and particles (par):

0 (2) = ;"N (2) + PV (2) + af"N(2) + afPY (2) (2.1)

where z is the altitude range and lidar is pointing in the zenith viewing direction.
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The backscattering coefficient 35 (z) is a measure of the scattering in the backward direction
(i.e. towards the incident direction, at a scattering angle of 180°) for the light encountering
the atmospheric particles and molecules.

The backscattering coefficient for elastic signals, i.e. at the same wavelength of incident light

(A=1Ao), can be summed up from the backscattering coefficients of molecules and particles:

B (2) = B2 + B (2) (2.2)

The backscattering coefficients of the molecular atmosphere as well as of the aerosol or

cloud particles can be calculated from the number density of the scatterers N™Y/PaT their

scattering cross-section fwl/par and the phase function dJmOl/par(G) for the scattering
angle of 180° (6 =x):

l l l
,Bmo /par _ Nmol/paro./{glo /Parq);’;(’ /par(n_) (2.3)

A variable often used to describe aerosol and clouds properties is the optical depth of an
aerosol or cloudy layer, defined as the integral of the particle extinction coefficient over the

altitude range from the base to the top of the layer:

T= pr aP (z)dz (2.4)

base
From particle extensive optical properties other optical parameters, used to describe aerosol
and clouds, are derived. These are the intensive optical properties, which are independent of
amount of particles, depending only on the nature of the specific type of particle.
The particle lidar ratio is defined as the ratio of the particle extinction coefficient and the
particle backscattering coefficient:

par
@)
S (2) = par( > (2.5)

The lidar ratio profile can be derived only from profiles of a}*' (2) and ;" (2) determined

in an independent way and with the same time and height resolutions.
The Angstrém exponent 3, as introduced for the first time (Angstrom, 1929), describes the

wavelength dependence of optical depths by the following relation:

t(Ay) _ (A2)*
(1) (/11) (2.6)
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where 7(1,) and t(4,) are the optical depths relative to wavelengths A, and 4,. From multi-
wavelengths Raman lidar observations we can derive extinction-related Angstrém

exponents:

par

a,(z) = ln( e )> /In ( ) (2.7)

and backscatter-related Angstrém exponents:

ar
.Bp

aﬁ(z)=ln<ﬁpar( )) /In ( ) (2.8)

where a]* (z) and @} (2) are the particle extinction profiles at wavelengths 1; and 4,

while 87" (2) and B} ¥ (2) are the particle backscattering profiles at wavelengths 1; and 2.
As the lidar ratio, the Angstrom exponents are not dependent on the particle concentration,

but they are related to aerosol microphysical properties. They are inversely proportional to

the particle sizes and depend on the complex refractive index of the particles.

2.4 Lidar retrieval algorithms

The basic equation for the analysis of lidar signals is the so-called lidar equation, that
describes the intensity of the signal collected by the lidar receiver depending on range z,
several system parameters as well as on atmospheric parameters. In order to retrieve the
atmospheric parameters by lidar equation, the approximation of single and independent
scattering is needed. This means that a photon is scattered only once by the atmospheric
constituents and that these are adequately separated and are randomly moving. Thus, the
contributions to the total scattered energy by many targets have no phase relation and the
total intensity is simply the sum of the intensities scattered from each target. In this case,

the lidar equation can be written as:

P(ALfASf Z) - PL(AL) CTd . lIJ(}\S'}\L)O(Z)B(}\SI}\LI Z)T(}\L' Z)T(}\S'Z) + PB (29)

where: P(A;,As,z) is the backscattered power received from the distance z from the laser
source (zenith pointing), at a specific polarization and wavelength Ag, due to the scattering
of the laser wavelength A;; P,(1;) is the mean output laser power per pulse; ct;/2

represents the sounding vertical resolution, where ¢ and t; are respectively the light speed
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and the dwell time (i.e. the duration of a laser pulse); A/z? is the probability that a photon
scattered from the distance z is collected by the receiving telescope of surface A;
W(As, AL) = (A, As)n(As) is transmission of the lidar receiver, where &(4;,As) is the
optical efficiency of the lidar receiver, including such factors as the reflectivity of the
telescope and the transmission of the conditioning optics, while n(As) is the quantum
efficiency of the receiver and detection parts; 0(z) is the system overlap function, that
describes the incomplete overlap between the emitted laser beam and the receiver field of
view near the ground (above a certain height z,,,; the overlap is complete and O(z) is defined
to be 1); B(Ag,AL,z) is the volume backscattering coefficient at the distance z and
wavelength A, representing the probability that a photon transmitted at the laser
wavelength A; is backscattered by the atmosphere into a unit solid angle; T(A;,z) and
T(Ag,z) are the one-way transmissivities of the light from laser source to the distance z at
wavelength A; and from distance z to the receiver at wavelength Ag, respectively; these

terms can be expressed as:

T(AL z) = exp(— foz a;,(z)dz") and T(As, z) = exp(— foz a;,(z)dz") (2.10)

where a;, (2z) and @;.(z) are the extinction coefficients at wavelengths 4, and A5 as a
function of range z along the path of the laser beam, including scattering and absorption
effects by molecules and aerosols. Finally, Py is the contribution to the power return due to

the background photons.

2.4.1.0ptical properties
The vertical profiles of particle extinction coefficient at 355 and 532 nm are directly derived
from the nitrogen Raman signals at 387 and 607 nm, respectively, by the following equation

(Ansmann et al., 1990; Pappalardo et al., 2004b):

HnN@)/Pa @22} -a (@) -k (2)
1+ (AL/2R)3

a,iflr (z) = (2.112)

where: @} *'(2) is the particle extinction coefficient at the laser wavelength 4, (355 or 532

nm) and range z; P, (z) is the power of the nitrogen Raman lidar signal at wavelength A

(387 or 607 nm) and range z; N(z) is the number density of atmospheric nitrogen molecules
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atrange z; a;*"

(z) and m"l(z) are the molecular extinction coefficients at wavelengths 4,
and Ap , respectively; & is the Angstrdom exponent, that describes the wavelength
dependence of particle extinction coefficient. It is defined by the following relation:
par °
a;, (2 AR\ 4
—k— (—R) (2.12)

"‘"(z) AL

The Angstrom exponent & is not known and has to be estimated. Typical values are in the
range from - 0.5 to 2.5. The fixed value of a = 1 is used to retrieve the extinction coefficient.
The relative errors of aP?" due to overestimation and underestimation of the & value by 0.5
are of the order of 5% (Ansmann et al., 1992a). Ol(z) and aj Ol(z) can be calculated
from Rayleigh scattering coefficients and atmospheric number density profiles retrieved
from models or radiosonde measurements.

The vertical profiles of particle backscattering coefficients at 355 and 532 nm are derived
from the particle extinction coefficients and the elastically backscattered signals at 355 and
532 nm, combined with the corresponding nitrogen Raman signals at 387 and 607 nm

(Ansmann et al., 1992a; Pappalardo et al., 2004b):

02 @P g (Zref)Pa, (DB (2)
0 L(z)PAL(zref)PaRmﬁ;'wl(zref)

xp(C)

(2.13)

BET(2) = —BJN(2) + [BL (Zrep) + B (zrep))]

=i e

Zref

where: ,Bpar(z) and ,Bm"l(z) are the backscattering coefficients of particles and molecules
at the laser wavelength 4, (355 or 532 nm); P, (z) is the power of the elastic lidar signal at
wavelength 4, ; Py (z) is the power of the nitrogen Raman lidar signal at wavelength Ag
(387 or 607 nm); 0y, (z) is the overlap function of the elastic channel at wavelength A, ;
0;,(2) is the overlap function of the Raman channel at wavelength A ; z,..f is a reference

altitude where the scattering due to particles can be neglected compared to the scattering

;" (2) is the particle extinction coefficient at

from molecules [ T (Zrer) < ﬁ,{'L“’l(zref)]
wavelength 4;, that can be calculated from (2.11) and (2.12).
ﬁ,{’zoz(z) can be calculated from Rayleigh scattering coefficients and atmospheric number

density profiles retrieved from models or radiosonde measurements. For most lidar systems

the ratio 0,,(2)/0;,(z) cancels out since 0y,(z) = 0y, (2). In this case, the profile of the
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particle backscatter coefficient is not affected by the incomplete overlap between laser
beam and receiver field of view and can be derived for all heights, even close to the lidar. In
case of lidar systems with 0,,.(z) # 0,,(z) the ratio 0,,(z)/0;,(2z) can be determined
experimentally by performing a test measurement with the same interference filters in front
of the detectors of both Raman and elastic channels (Whiteman et al., 1992). z,.; is
estimated by scanning the free troposphere for a height interval with clear conditions. This is
done by comparing the measured elastic signal with the pure molecular Raman signal
(Rayleigh-fit method). If these two signals fit together in a certain height range (i.e. the signal
ratio is constant with height), this is an indication for the absence of aerosols. The reference
value BfLar(zref) is assumed to be 0 (aerosol-free atmosphere assumption).

Alternatively, the profiles of particle backscattering coefficients at the laser wavelength 4;
are retrieved from the elastically backscattered signals only, with assumptions on lidar ratio
profiles, using an iterative method (Di Girolamo et al., 1999). The particle backscatter

coefficient in the i-th iteration step is calculated by the following equation:
Py, (2)Ky, i
par _ Ay, ALt mol
Bri(2) = (—Pmol(z) - 1) B (2) (2.14)

where: PAL(Z) is the power of the elastic overlap-corrected lidar signal a wavelength A;;
,Bm"l(z) is the molecular backscattering coefficient at the laser wavelength 4, , calculated
from models or radiosonde measurements; P;’fwl(z) is an estimated molecular signal,

expressed as:

RS (2) = B (2)exp (2 [y P (2))BY 1 (2))dz) (2.15)

where SP?7(z) is an assumed particle lidar ratio profile; K3, i is a calibration factor and can
be determined in an aerosol-free region z, :

l
P/‘rtri?i (Zref)

. = 2.16
At P, (Zref) ( )

In an initial step, the molecular signal P9 (2) is estimated with the assumption B (2) =
0 and is then used to derive an initial value of ,Bpar(z) In the following iteration step i, the
backscatter coefficient ,Bpar(z) is calculated from a molecular signal which is estimated from

the previous backscatter profile [3 " _(2). This procedure is repeated until the difference

Li—1

between ﬁpar(z) and ,Bpar (2) is smaller than a certain threshold.
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The sources of uncertainties in the retrieval of the backscattering coefficient from elastic
signals only are the same as in the retrieval from the combination of elastic and Raman
signals, plus two additional large sources of uncertainty: the uncertainty due to the
assumption of a particle lidar ratio profile, that can easily exceed 20% (Sasano et al., 1985);
the uncertainty in the lowest part of the backscattering profile due to the incomplete
overlap between laser beam and receiver field of view and the necessity to correct
measured signals with the overlap function (Mattis et al., 2007). The assumptions for lidar-
ratio values are derived from climatologic observations in the same region with combined
Raman/elastic lidar or from the literature (Collis and Russell, 1976; Barnaba and Gobbi, 2001,
2004; Amiridis et al.,2005). The assumed values of lidar ratio are 45 sr at 355/532 nm and 55
sr at 1064 nm for aerosols, and 18 sr for clouds. Alternatively, lidar ratio profiles or their
mean values, derived from simultaneous and co-located measurements with combined
Raman-elastic lidar, if available, are used. The particle backscattering coefficient in the
aerosol-free region z,,s is assumed to be 1.44 x 10° sr* m™ and 8.0 x 10” sr* m™ in the
altitude range around 6.5-8.5 km and 12-14 km above ground level (a.g.l.), respectively.
These reference values come from climatologic measurements with combined Raman-elastic
lidar technique. The vertical profiles of particle backscattering coefficient at 1064 nm are

obtained using only the iterative method.

2.4.2 Water vapor mixing ratio
PEARL also allows measurements of water vapor mixing ratio (WVMR) profile from the ratio
between the water vapor Raman signal at Ay, = 407 nm and the nitrogen Raman signal at

An, = 387 nm (Ansmann et al., 1992b; Whiteman et al., 1992; Whiteman et al., 2001):

ONZ (Z)P(AHZ(),Z)O'(ANZ)T(ANZ,Z)
On,0#Z)P(An,,2)0(An,0)T (An,0.2)

Xu,0(z) =C (2.17)

where: )(HZO(Z) is WVMR at range z, defined as the ratio of the mass of water vapor to the
mass of dry air in a given volume in units of g kg'’; C is a constant including the optical and
guantum efficiencies of the receiver for both the Raman channels, as well as other constant

terms depending only on the lidar experimental setup; Oy,(z) and Oy, (z) are the overlap
functions of the Raman channels at 387 nm and 407 nm, respectively; P(AHZO,Z) and
P()lNZ,Z) are the intensities of Raman lidar signals at 407 nm and 387 nm, respectively;

U(ANZ) and U(AHZO) are the Raman backscattering cross sections for nitrogen and water
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vapor, respectively, relative to the laser excitation wavelength A, = 355 nm (known from the
theoretical Raman spectra of nitrogen and water vapor molecules); T (1y,,z) and T (Ay,0,2)
are the one-way transmissivities of the light from distance z to the receiver, at 387 and 407
nm, respectively. These include both molecular and particle extinction coefficients at 387

and 407 nm:

T(ANZ,Z) _

T(AH,02) 2

exp [— Jy (ai'}vozl(z’) +agy (2') —afyt (2') — afgo (z’)) dz’] (2.18)

o

The molecular extinction coefficients a; Y(2) and a}l’;‘;lo(z) are calculated from Rayleigh

2

scattering coefficients and atmospheric number density profiles retrieved from models or

from radiosonde measurements. The particle extinction coefficients a?? (z) and a?*" (2)
AN, AH50

are calculated from the particle extinction coefficient aﬁ’fr(z) at the laser wavelength A, =
355 nm, derived from (2.11), and by using (2.12) with @ = 1 to scale it at the Raman
wavelengths Ag = 387 nm and Az = 407 nm.

For a perfect lidar system, with identical optical paths for both the Raman channels at 387
and 407 nm, the two overlap functions Oy,(z) and Oy, (z) are the same and their ratio
would be unity throughout the range of measurement. In a real lidar system, this ratio
depart from unity for the ranges closest to the telescope. If this departure from unity is
significant, the ratio of the overlap functions can be experimentally quantified by taking data
in both channels using a common nitrogen interference filter, whereby both lidar system
channels measure the same atmospheric quantity. The ratio of the data from these channels
quantifies the ratio of the overlap functions.

Note that the temperature variation with the height implies a broadening of the Raman
water vapor and nitrogen spectra, that makes necessary to take into account the
dependence of the water vapor mixing ratio on the atmospheric temperature (Whiteman,
2003). However, this dependence is neglected in our algorithm, assuming that the
interferential filter bandwidths, in the order of 0.5 nm - 1 nm, are chosen so as to transmit
the whole Raman spectrum backscattered from molecules, thus limiting the effects of
atmospheric temperature variations on the measured lidar signals (Behrendt et al., 2002).
Finally, water vapor Raman lidar technique needs to be calibrated, that means to estimate
the terms independent on height z in (2.17). In principle, if the experimental setup of the
Raman lidar system does not undergo modifications, the value of calibration constant should

not change with the time. The water vapor lidar profiles are calibrated matching them to
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water vapor profiles measured with co-located and simultaneous radiosoundings in an
altitude range where both the lidar and radiosonde investigate a common atmospheric
region. Alternatively, the water vapor Raman lidar is calibrated by vertically integrating the
lidar profiles of WVMR and matching the integrated water vapor (IWV) values with the
corresponding values retrieved by a microwave radiometer in the same time range of lidar
measurements. In order to use this calibration method, some assumptions are necessary,
since the lidar water vapor profiles do not cover the entire investigated atmospheric column.
Indeed, there is a lack of lidar measurements in lowermost layers, due to an incomplete
overlap between laser beam and telescope field of view, and in uppermost layers, due to the
extinction of water vapor Raman signal. Therefore, it is necessary to make assumptions
about the WVMR lidar profile in the altitude ranges where lidar measurements are missing.
This occurs below the full overlap lidar height, typically from the surface to 300 - 600 m
a.g.l., depending on the system optical setup, and above the maximum height available from
lidar profiles. To estimate the water vapor content in these two regions, a climatologic

WVMR profile obtained from the co-located radiosounding historical archive is used.

2.5 Ka-band Doppler radar

Since March 2009, a meteorological Ka-Band cloud radar (MIRA36), designed by METEK
GmbH, is operative at CIAO. It is a mono static magnetron-based pulsed Ka-Band Doppler
radar for unattended long term observation of cloud properties.

The radar has a 1 m diameter antenna and emits microwave pulses at 35.5 GHz with a peak
power of 30 kW, a pulse width of 200 ns and a pulse repetition rate of 5 KHz. The antenna
beam width is 0.6° x 0.6°, with an antenna gain of 49 dBi, which is the ratio between the
emitted (or received) power compared to the emitted (or received) power if the antenna
was a perfect isotropic radiator. Linearly polarized signal is transmitted while co- and cross
polarized signals are received simultaneously to detect co- and cross polarized radar Doppler
spectra.

Typically, the moments of the radar Doppler spectra are used in radar data analysis. In this
work the 0", 1%, 2" and 6™ moments of the spectrum are considered. The signal-to-noise
ratio (SNR) is the integral or zero-th moment of Doppler spectrum divided by the receiver
noise level; the mean Doppler velocity is the mean or the first moment of Doppler spectrum

and provides direct measurements of the speed of movement of targets on the radar
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pointing direction; the linear depolarization ratio (LDR) is the ratio between the SNR in the
cross channel and the co-channel that provides information on the shape and typology of
targets.

In order to obtain information on the number concentration of targets and their size, the
radar reflectivity factor (2), i.e. the sixth moment of the Doppler spectrum, is used. Assuming

spherical liquids drops the radar reflectivity factor can be calculated from:

Za [°N(D)-DS-dD (2.19)

where Z is measured in [mm®m™], N(D) dD is the number concentration of water droplets
with diameters between D and D + dD. Usually, since Z has a very dynamic range, it is
expressed in dBZ, where dBZ = 10 log1o (Z [mm® m?3).

The cloud radar operating at CIAO provides accurate reflectivity measurements over a
dynamic range of approximately seven orders of magnitude, from -50 dBZ to +20 dBZ
throughout the troposphere (Kollias et al., 2001). The averaging of the spectra over 1 minute
and 90 meters vertical resolution can increase the minimum of the range up to about -60
dBZ. The radar sensitivity is -40.3 dBZ at 5 km with a time resolution of 0.1 sec, while the
Doppler velocity resolution is 0.02 ms*. The receiver calibration is within an accuracy of less
than 1 dB. The LDR accuracy is within +2 dB (Madonna et al., 2013). The system is equipped
with a clutter fence that strongly suppresses the ground clutter echo. The radar is also
equipped with a 3-D scanning unit and it has been the first radar system in Europe working
in Ka-band with the possibility of performing a £ 90° scanning of the atmosphere.

The radar typically operates in zenith pointing mode and it is able to provide radar vertical
profiles with a time resolution in the order of seconds and a vertical resolution up to 15 m,
though the current configuration is set to a time resolution of 10 s and vertical resolution of
30 m. The data processing of radar measurements, up to the averaged power spectra, is
performed by a digital signal processor (DSP). This is performed simultaneously for co- and
cross channel. For each range gate, the complex signals of a certain number of consecutive
pulses are Fourier transformed, obtaining in this way the power spectra. On a next step, the
spectral lines which are above the detection threshold are selected, the noise level is
subtracted and the global moments from these averaged spectra are calculated. Typically
200 consecutive spectra are averaged, which results in a time resolution of 10 s and vertical
resolution of 30 m. Additionally, in order to increase the radar sensitivity, a parallel data

processing is performed averaging 1200 consecutive spectra and 3 range gates, which results
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in a time resolution of 1 minute and vertical resolution of 90 m. As mentioned above, this
data processing allows to enhance the radar sensitivity of 5-10 dBZ (Rosoldi et al, 2013).

While the radar probes the atmospheric vertical structure, it receives echoes caused by
different kinds of targets from different altitude ranges. Therefore, for interpreting the cloud
radar data it is essential to discriminate among the scatterers (denominated here as targets)
that produce the signal. Frequently, multi peak spectra are observed in the cloud radar
spectra, designating that the signals from different targets coincide in the spectra from
single range gates. Since their Doppler velocities are different, they can be separated in
many cases. Thereby, after the noise is removed, significant peaks are searched for each
spectrum and the moments are calculated. Then a multi mode cluster classification scheme,
which considers the global spectral moments, the LDR and the multi-peak moments, is
applied. For this purpose, each peak is assigned to a target type and then the moments of all
peaks that had been assigned to the same target type are recombined. In the MIRA36 cloud
radar algorithms, the considered target types are cloud, rain and plankton, where plankton

stands for non-hydrometeorological targets.

2.6 Microwave profiler

A ground-based microwave profiler (MP3014), designed by Radiometrics Corporation (Ware
et al.,, 2003), is operational at CIAO since February 2004. It measures the sky brightness
temperature (Tb) at 12 frequencies: 5 in the K-band, distributed from the centre onto the
wing of the 22 GHz water vapor resonance absorption line, the rest are in the V-band,
distributed on one shoulder of the 60GHz oxygen spin-rotation band. The radiometer is
equipped with an infrared thermometer (IRT), installed on the top of radiometer cabinet,
able to measure zenith Tb within the spectral range from 9.6 um to 11.5 um, and with
surface meteorological sensors, used as constraints in the retrieval algorithm. The
microwave profiler is also able to perform a 3-D scanning of the atmosphere though it
typically operates viewing only the zenith direction. The microwave profiler is also equipped
with a rain effect mitigation system able to minimize error resulting from the accumulation
of liquid water and ice on the microwave radiometer radome.

The sky brightness temperatures are inverted using a neural network algorithm (Solheim et
al., 1998) trained on about 10000 radiosounding profiles. The Tb inversion provides

temperature, humidity and cloud liquid water profiles up to 10 km above the ground station.
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Additionally, the inversion provides an estimation of the Integrated Precipitable Water
Vapor (IPWV) and of the cloud Liquid Water Path (LWP). The uncertainty of the IPWV and
LWP are calculated according to Cadeddu et al. (2009). Vertical profiles are given with a
vertical resolution of 100 m up to 1 km and 250 m from 1 km to 10 km, with a minimum

temporal resolution of 12 s.

2.7 Ceilometers

Among the active remote sensing devices, two laser ceilometers are also operational at
CIAO. Since August 2004, a CT25K ceilometer type, manufactured by VAISALA, continuously
measures the cloud-base height and the signal backscattered by atmospheric particles. The
ceilometer is basically an elastic backscatter lidar system that uses a pulsed In-Ga-As diode
laser, emitting light pulses at 905 nm with low energy (1.6 W of energy per pulse) and high
repetition rate (6.67 kHz), and detects the elastic backscattered radiation. Depending on the
cloud optical thickness, CT25K processing software, designed by VAISALA, is able to provide
up to three cloud layer heights simultaneously. Besides cloud layers, it also provides the
profile of attenuated backscattering coefficient at 905 nm up to 7.5 km with a vertical
resolution of 30 m and a temporal resolution of 15 s. CT25K data are used by the Cloudnet
retrieval algorithms described in section 2.8.

Since September 2009, a second ceilometer for cloud base measurements, CHM15k type
manufactured by Jenoptik Laser Optik Systeme, is operative at CIAO. CHM15k uses a Nd:YAG
pumped diode laser, emitting light pulses at 1064 nm wavelength with 8 p energy for pulse
and 5.58 kHz repetition rate, and is equipped with a photon counting acquisition system.

It is able to measure the cloud base height of cloud layers up to 15 km above the ground
with the possibility to investigate the optical properties of cirrus clouds up to the
tropopause. As for the CT25K ceilometer, CHM15k processing software, designed by
Jenoptik, provides up to three cloud layer heights simultaneously, but it also provides the
retrieval of the boundary layer height and of the cloud penetration depth. The 1064 nm raw

signal has a vertical resolution of 15 m and a temporal resolution of 30 s.
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2.8 Cloudnet

Cloudnet (www.cloud-net.org) is a European network of ground-based remote sensing
stations, that aims to provide vertical profiles of cloud and aerosol properties with high
temporal and spatial resolution in order to continuously evaluate and improve the
representation of clouds in mesoscale weather models. CIAO is one of the Cloudnet stations.
The essential instruments that must be present at each station are a vertically pointing
Doppler cloud radar and a backscatter lidar operating continuously. Usually the lidar is a
near infrared laser ceilometer reporting only an uncalibrated attenuated backscatter
coefficient. Recommended but non-essential instruments are microwave radiometer, for
providing liquid water path, and rain gauge. Furthermore, profiles of atmospheric dynamic
and thermodynamic parameters over each station, such as pressure, temperature, humidity
and horizontal wind, are essential for Cloudnet retrieval algorithms. This information is
obtained using hourly profiles from short-range model forecasts, that assimilate the data
from the radiosonde network. For this purpose, the Met Office 6-11 hour forecast data are
used as this model has the highest horizontal resolution (around 12 km) and the other
models provide data only from 12 hours onwards. When Met Office data are unavailable,
ECMWF model data are used.

For each station all datasets from instruments and model forecasts are processed by
Cloudnet algorithms (Hogan and O’Connor, 2006; lllingworth et al., 2007) so as to provide
different cloud properties to compare to numerical cloud models in order to quantify and
improve their performance. Processing is done one day at a time. If at any time in the day
radar, lidar or model data are missing, then there will be a gap in the output products.

The first step in the processing is the conversion of the vertical coordinate of each input
dataset to height above mean sea level in meters. This correction is necessary as most
instruments report range from the instrument in kilometers, and they may have been
mounted at different heights above the ground. The ceilometers often points several
degrees (between 2° and 5°) from zenith to avoid specular reflection from horizontally
aligned pristine crystals, which could be mistaken by the algorithm for the presence of
super-cooled liquid water. Therefore, the range reported by these instruments is multiplied
by the sine of the zenith angle to obtain height. In order to obtain a common grid for all
input and output datasets, lidar and model data are usually interpolated on the radar time
and height resolution. Likewise, the rain rate and liquid water path are interpolated on the
time resolution of the radar. For CIAO station the common grid is 30 s in time ad 30 m in

height.

35



Cloudnet processing also provides a target categorization: in each radar/lidar pixel several
target types, such as liquid droplets, ice particles, aerosols and insects, may be present. The
type of target in each pixel is identified by applying, for each type of target, specific
categorization algorithms employing specific input data. These algorithms are essentially
based on the fact that the radar is sensitive to large particles, such as rain and drizzle drops,
ice particles, and insects, while the lidar is sensitive to higher concentrations of smaller
particles, such as cloud droplets and aerosols. Moreover, Cloudnet algorithms for liquid
cloud droplets provide also the estimation of the heights of cloud base and cloud top with a
time resolution of 30 s. These algorithms use the ceilometer attenuated backscatter
coefficient, the radar reflectivity factor and the temperature profiles as input data. Cloud
base height is identified by threshold values for attenuated backscatter coefficient and for its
gradient; cloud top is identified in similar way or by radar reflectivity in the case that the
lidar has been extinguished while the radar still has a signal.

The target categorization datasets represent the input data for the application of
subsequent algorithms providing the cloud meteorological products, such as liquid water
content (LWC) and ice water content (IWC), with the same high resolution of the
observations. Finally, by averaging these products to the vertical and horizontal resolution of
a model, it is possible to estimate the values of cloud fraction, LWC and IWC in the model
grid box and compare them with the corresponding values provided by the model for

guantifying and improving the performances of that model.
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CHAPTER 3
METHODOLOGY

3.1 Target selection: thin liquid water clouds

In the introduction, the importance of characterizing the process leading to the droplet
activation is discussed.

In this chapter, it is proposed a methodology developed in order to obtain quantitative
information about droplet activation process and aerosol-cloud interactions. The
methodology is based on the study of thin liquid water clouds, identified as low or midlevel
super-cooled clouds characterized by a liquid water path (LWP) lower than about 100 gm™
(Turner et al., 2007). Many types of clouds may fall into this broad classification, including
stratus, cumulus, stratocumulus, altostratus and altocumulus clouds.

Thin liquid water clouds are interesting for different reasons. Firstly, they have a global mean
coverage so extensive that they cannot be ignored in the study of the impact of clouds on
the Earth’s radiative balance and climate. The results obtained from the International
Satellite Cloud Climatology Project (ISCCP) reveal that low and midlevel clouds, often
containing liquid water, are characterized by a mean LWP value of 51 and 60 g m?,
respectively, and cover 27.5% and 19% of the global surface, while the global mean cloud
fractional coverage is 68.6% (Rossow and Shiffer, 1999). As a consequence, these clouds
contribute for more than one third to the global mean cloud coverage.

Furthermore, thin liquid clouds consist of nearly spherical water droplets whose scattering
properties are well described by Mie theory, unlike ice clouds, that may contain multiple
crystal shapes and require much more complicated scattering theories that can also handle
the particle shape.

Finally, thin liquid clouds are often optically thin, i.e. they have low optical depth, usually
lower than 3. This implies that they can be frequently penetrated by the lidar laser beam to
measure a backscattered signal from the cloud itself and above the cloud. Therefore,
ground-based Raman lidar technique often allows to obtain the vertical profiles of aerosol,
water vapor and cloud properties below, inside and above thin clouds with high vertical (in

the order of 100 - 200 meters) and temporal (in the order of 10 minutes) resolutions.
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In this work, particular attention is devoted to optically thin “broken” clouds, where
“broken” refers to single layer clouds with a not homogeneous horizontal structure,
characterized by cloud fields separated by cloud-free regions.

These clouds are particularly interesting, because within the time window of a night time
lidar measurement (typically 2 hours) the lidar can detect both cloudy and cloudless regions
and allows the study of the variability of optical properties and relative humidity (RH) in the
transition from the cloudy regions to the cloudless regions, during the processes leading to
the cloud formation and decay.

The methodology has been applied to night time observations of low and mid-level optically
thin broken clouds performed simultaneously with the multi-wavelength Raman lidars, the

cloud Doppler radar and the microwave radiometer.

3.2 Lidar analysis

The Raman lidar technique has been used to retrieve the vertical profiles of optical
properties and water vapor content for aerosol and clouds. Taking advantage of the
structure of broken clouds, two different types of lidar analysis have been considered for
this study: “without clouds”, by averaging, in a selected time window, only the cloud-free
lidar signals (before and after the clouds) and skipping the lidar signals containing clouds;
“with clouds”, by averaging, in the same time window, only the lidar signals containing
clouds. The number of cloudy signals is expressed through the so called “skipped fraction”,
defined as the ratio of the number of cloudy signals to the total number of lidar signals in the
selected time window. The analysis without clouds provides the aerosol optical properties
and water vapor content in cloudless regions surrounding the clouds, while the analysis with
clouds provides the cloud optical properties and water vapor content in cloudy regions.

The lidar signals contaminated by clouds are identified by visual inspection of the nitrogen
Raman lidar signals at 387 nm and assuming that a strong negative slope in the signals is due
to the extinction by the liquid water droplets.

The identification of clouds on the basis of Raman lidar signals rather than elastic lidar
signals is justified by the following considerations. Raman lidar signals are attenuated by
both aerosol and droplets. Elastic signals are sensitive to the increase of both the
backscattering and extinction of aerosol and droplets, with a predominance of

backscattering at the cloud base region and of extinction at the cloud top region. The overall
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result is the observation of a peak in the elastic signals. Nevertheless, the peak due to the
cloud in the elastic signals can also be observed in presence of high concentrations and/or
sizes of aerosols, for example large hydrated aerosols; therefore, algorithm dealing with the
identification of atmospheric targets can only rely on threshold values to discriminate
between these two situations. Conversely, a strong drop in the Raman signals is only
observed in presence of liquid water and never in presence of aerosol only. For example,
Figure 3.1 shows two nitrogen lidar signals at 387 nm measured with an acquisition time of 1
minute. The signal on the left panel is measured in presence of a thick dust layer in the
altitude range between 1200 m and 3200 m above ground level (a.g.l.), delimited by the
dashed vertical lines; the signal on the right panel is measured in presence of an optically
thin liquid cloud in the altitude range between 1200 m and 2200 m a.g.l., delimited by the
dashed vertical lines. It looks evident how the extinction due to cloud liquid water droplets
produces a strong drop in the corresponding Raman signal, while a strong drop in the Raman
signal is not visible even in presence of a thick aerosol layer with a very high extinction
coefficient, such as dust. The described cloud detection approach can be automated and
implemented in an algorithm for the automatic processing of raw lidar data such as the
Single Calculus Chain (SCC) developed within EARLINET (European Aerosol Research Lidar
NETwork) [D’Amico G., et al., 2012].

1E4

optically thin cloud

1E3

1E1

1E1 1E1
147.728 1242.01 233628 3430.56 452434 5619.12 150.823 131117 2591.52 3811.87 5032.23 6252.58

Height (ma.gl.) Height (ma.g.l.)

Figure 3.1: Examples of two nitrogen Raman lidar signals at 387 nm measured with an acquisition time of 1
minute in presence of a dust layer in the altitude range between 1200 m and 3200 m (left panel) and in
presence of an optically thin liquid cloud between 1200 m and 2200 m (right panel). Heights are above
ground level (a.g.l.)
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The time windows selected for lidar analysis are in the range 15 - 45 minutes. This choice can
be justified with the following considerations.

The averaging time for lidar analysis should be large enough to increase the signal to noise
ratio (SNR) allowing to retrieve lidar products with low errors on the whole altitude range
from the base to the top of clouds. This is particularly true for lidar analysis in presence of
clouds, because within and above the clouds SNR strongly decreases due to the attenuation
induced by cloud water droplets. In order to obtain lidar profiles of aerosol/cloud optical
properties and water vapor content with a random uncertainty lower than 30% and a
vertical resolution in the order of 100 - 200 m, a minimum time window of 5 minutes has
been considered for the lidar analysis both with clouds and without clouds. For shorter time
windows, the lidar systems operative at CIAO do not allow to achieve these performances.
On the other hand, the time integration of lidar signals should be limited to intervals in
which the atmosphere remains relatively stable with respect both to the aerosol properties
and to the cloud properties. This is very challenging for clouds. In particular, the broken
clouds, despite their not homogeneous horizontal structure, must be single layer clouds and
should stay at the same altitude range during the selected time window. Actually, in the
dataset considered in this study, it has not been rare the observation of aerosol layers being
stable for the whole duration of a night time measurement session, while broken cloud
layers stable for more than 20 minutes have never been observed. Therefore, the instability
of broken clouds justify the adoption of a maximum time window of 45 minutes for the lidar
data analysis.

For each observation of low or mid-level optically thin broken clouds, the vertical profiles of
optical properties and water vapor content have been calculated using the same effective
vertical resolution. The vertical smoothing produces a loss of information that results in a
coarser effective vertical resolution than the raw one. Effective vertical resolution can be
defined as the minimum distance for which two narrow and well-separated structures are
resolved according to the Rayleigh criterion (Stasey, 1994). The effective vertical resolution
for a lidar profile of an atmospheric parameter depends on the smoothing filter applied to
the raw signal or to the final product, but also on the applied retrieval algorithm. The
concept of effective vertical resolution is largely discussed in Pappalardo et al. (2004b).

The vertical profiles of aerosol/cloud extinction coefficient at 355 and 532 nm are calculated
using the sliding linear fit technique. The number of bins used for the linear fit is the lowest

possible allowing a reliable extinction estimation with a random uncertainty lower than 30%.
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The relationship between the number of bins for the linear fit and the resulting effective
vertical resolution is described in Pappalardo et al. (2004b).

The corresponding profiles of particle backscattering coefficient at 355, 532 and 1064 nm
are calculated with a raw vertical resolution of 3.75 m and then smoothed on the same
effective vertical resolution of the extinction profiles, using a 2" order Savitzky-Golay
smoothing filter (W.H. Press et al., 1992). The relationship between the length of the
Savitzky-Golay filter window and the effective vertical resolution is described in larlori et al.
(2015).

The backscattering coefficients at 355 and 532 nm are retrieved with combined Raman-
elastic lidar technique, while the backscattering coefficients at 1064 nm are retrieved with
the iterative method, assuming a lidar ratio value of 55 sr outside the cloudy layers (derived
from climatologic profiles of aerosol extinction and backscattering coefficient at 355 and 532
nm retrieved with combined Raman-elastic lidar technique and considering the spectra
dependency), and the mean value of lidar ratio at 355 or 532 nm, scaled for the spectral
dependency, inside the cloudy layers. The normalization constant used for this product
comes from climatologic measurements with combined Raman-elastic lidar technique (see
Chapter 2, paragraph 2.4.1). All the profiles of backscattering coefficient are calibrated
above the cloudy layer.

The vertical profile of water vapor mixing ratio (WVMR) is calibrated using the integrated
water vapor (IWW) measurements performed with the microwave radiometer and averaged
on the same time window as the lidar analysis; if co-located and simultaneous radio-
sounding profiles are available, the lidar WVMR profile is also calibrated using in-situ water
vapor measurements, and then the calibrated profile is compared with the previous profile
(see Chapter 2, paragraph 2.4.2). The RH profile is calculated from the lidar WVMR and the
temperature profile obtained averaging the microwave radiometer measurements on the
same time window of lidar analysis or, alternatively, from measurements performed by the
co-located and simultaneous radio-sounding. Both WVMR and RH profiles are calculated
with a raw vertical resolution of 15 m and smoothed to achieve the same effective vertical
resolution of the extinction profiles.

The effective vertical resolutions used for lidar analysis are in the range between 160 m and
350 m. As mentioned above, the effective vertical resolution has been optimized in a way to
obtain lidar profiles of particle optical properties and water vapor content at the highest
vertical resolution and with a random uncertainty lower than 30%. In some cases, this was
not possible for aerosol/cloud optical properties at 532 nm. For this reason, it is preferable

to focus on aerosol/cloud optical properties retrieved at 355 nm.
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Before concluding the description of the methodology of lidar analysis, it is necessary to add
some details related to the retrieval of WVMR and RH profiles containing clouds.

The water vapor Raman lidar signal at 407 nm is much weaker than the nitrogen Raman
signal due to the lower content of water vapor in the atmosphere. Moreover, even thin
clouds with a low LWP are able to fully attenuate the Raman return from water vapor. This
makes the measurements of water vapor within clouds very challenging. Moreover, the lidar
calibration based on IWV measurements, provided by the microwave radiometer, is limited
by the lack of lidar measurements in lowermost layers, due to the incomplete overlap
between laser beam and telescope field of view, and in uppermost layers, due to low SNR of
Raman signals. Therefore, it is need to integrate the water vapor retrieved using the lidar
profile with the water vapor content in the two mentioned layers obtained using a
climatologic profile of WVMR. This correction might bias the determination of the calibration
constant. The bias is mainly due to the lack of lidar measurements in the lowest layers, that
are also the moistest layers and mostly contribute to the total column water vapor. This is
particularly relevant if clouds are present: the lower the clouds, the higher the bias.
Furthermore, the low SNR of the water vapor Raman signal within the clouds reduces the
vertical range profiled by the lidar and this increases the bias. For these reasons, if a relative
calibration method based on IWV measurements is used, it is strongly recommended to use
the more recent value of the calibration constant measured in clear sky condition or the
value measured within the clear sky regions of the broken clouds.

Even when using a calibration constant value obtained in clear sky conditions, it is often
challenging to get reliable lidar profiles of water vapor content within and above the clouds,
if only cloudy lidar signals are averaged. Therefore, the retrieval of WWVMR and RH with
clouds has been performed averaging all lidar signals in the time window selected for the
analysis, including in this way both cloudless and cloudy signals. As a result, WVMR and RH
profiles with clouds represent an average between aerosol only conditions and cloudy sky
conditions and not conditions of cloudy sky only. Nevertheless, these profiles allow to see
the relative change in the relation between aerosol optical properties and RH as well as the
change in the minimum value of RH, in the transition from aerosol to cloudy sky. This is
relevant for catching the changes occurring within the clouds after the droplet activation.
Hereinafter, the products obtained from the analysis "without clouds" are denoted with the
prefix "NC" and the products obtained from the analysis "with clouds" are denoted with the

prefix "C".
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3.3 Multiple scattering correction

All the C extinction coefficient profiles are corrected for multiple scattering in cloudy
regions. Multiple scattering affects lidar measurements in an optically dense medium as fog
and clouds. When the laser beam goes through this medium, not only the singly
backscattered photons, but also the multiple scattered photons, undergoing multiple
scattering processes, remain in the lidar receiver field of view (RFOV) and are backscattered
to the receiver. As a result, multiple scattering makes the extinction coefficient of the
scattering medium lower than its real value, that is the single scattering extinction
coefficient. The intensity of multiple-scattered light, apart from the optical depth of the
scattering medium and the size of the scattering particles, depends on the measurement
geometry. The larger the volume from which the scattered light is detected, the larger the
multiple scattering effect. Therefore, the multiple scattering effect increases with increasing
laser beam divergence, RFOV and distance between the laser transmitter and the scattering
volume. Because of the low laser beam divergence and the narrow RFOV used by lidars,
forward scattering from cloud droplets is the most important process to evaluate the
multiple scattering effect. The correction of aerosol extinction coefficient in cloud regions is
performed with a multiple-scattering model that calculates multiple scattering intensities for
both particulate and molecular lidar returns, by introducing in lidar equations multiple
scattering parameters for particulate and molecular backscatter signals (Wandinger, 1998).
In this work, the multiple scattering parameters are calculated using the code made
available by Eloranta (Eloranta, 1998). To run the code, it is assumed a lognormal size
distribution of cloud droplets with effective radius of 5.4 um, derived from in situ
measurements reported in literature for continental stratus and stratocumulus clouds (Miles
et al., 2000). The first four scattering orders have been summed. The calculation have been
performed using the specifications (the laser beam divergence and RFOV) of MUSA lidar,

which is the system used for the retrieval of particle optical properties.

3.4 Characterization of cloud layers

By comparing the vertical profiles of C and NC optical properties and RH, it is possible to
obtain important information on the vertical structure of the observed cloud layers. In

particular, the vertical regions where no significant differences between C and NC optical
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properties are observed, i.e. the regions where they coincide within the error bars,
represent regions of atmosphere outside the cloud layer, in which CCN are not activated into
droplets. The altitude range where the values of C extensive optical properties are
significantly higher than the corresponding values of NC extensive optical properties, i.e. the
region where they do not coincide within the error bars, is the region where CCN grow and
droplet formation occurs, identified as the “activation region”.

The vertical extension of cloud, consisting of liquid water droplets, is determined by using C
and NC averaged nitrogen Raman lidar signals at 387 nm, calibrated on the same molecular
lidar signal at 387 nm derived from a standard atmosphere model. Cloud base height is
located where the C averaged Raman signal shows an inflection point, that is a local
minimum of the first derivative of such signal. More specifically, the cloud base height is
identified as the height where the derivative starts to decrease on the edge of the local
minimum. If the derivative of the Raman signal is very noisy, it is smoothed by a moving
average in order to better identify the cloud base height.

Cloud top height is identified as the height where the C averaged Raman signal starts to
overlap the corresponding NC averaged Raman signal.

The profiles of RH allow to further identify the cloudy regions as the regions where the
saturation conditions are reached.

Cloud phase is identified using the radar LDR or the vertical profiles of atmospheric
temperature provided by a co-located and simultaneous radio-sounding, when available, or
by the microwave radiometer. When cloud hydrometeors are detected by the radar, low
values of LDR, typically ranging between - 36 and - 30 dB, indicate that cloud particles are
close to the sphericity, according to the Mie theory, and they consist of water droplets, while
higher values of LDR indicate that cloud particles consist of ice crystals. Nevertheless, as
shown later in Chapter 4, a large fraction of warm clouds observed in this study consists of
small hydrometeors with diameters from a few to tens of micrometers, with very low
reflectivity values (less than - 50 dBZ). In these cases, very low values of LDR are below the
radar sensitivity, because the intensity of the cross-polarized radar signal is typically much
lower than the co-polarized radar signal, and LDR cannot provide useful information to
indicate the presence of liquid phase of the clouds. In these cases, cloud phase is identified
using the atmospheric temperature profiles obtained by the microwave radiometer, that
allow to check if the cloud layers are located above or below the freezing level and to
estimate the cloud base and cloud top temperatures.

The LWP for each observed cloud layer is estimated averaging the LWP provided by the

microwave radiometer over the same time window of lidar analysis.

44



Finally, the cloud optical depth (COD) is obtained by integrating C extinction coefficient,
corrected for multiple scattering, over the altitude range between the base and the top of
the cloud, while the activation region optical depth (AROD) is calculated by integrating the
same extinction coefficient over the altitude range between the base and the top of the

activation region.

3.5 Characterization of aerosol in cloudless regions surrounding the clouds

The type of aerosol in cloud-free regions surrounding the clouds has been identified from
the analysis of air mass back-trajectories provided by NOAA Hysplit model (Draxler and
Rolph, 2014; Rolph, 2014), along with the values of aerosol intensive optical properties (lidar
ratios and Angstrém exponents) averaged over the altitude range between the base and the
top of the cloudy region and retrieved from the lidar analysis without clouds.

The size distribution and complex refractive index of CCN in regions surrounding the clouds
are retrieved from multi-wavelength Raman lidar observations, using the algorithm
developed by Veselovskii et al. (2004).

Starting from the vertical profiles of NC extensive optical properties (i.e. extinction
coefficients at 355 and 532 nm and backscattering coefficients at 355, 532 and 1064 nm, so
called “3B + 2a” data set), CCN effective radius ref, number concentration Ny, surface area
concentration S;, volume concentration V;, and complex refractive index are retrieved. More
specifically, the average values of the optical properties, calculated over the altitude range
between the base and the top of the cloudy region, are considered as input data of the
algorithm for the retrieval of aerosol microphysics. The complex refractive index is strictly
related to aerosol optical properties: its real part, mp, determines the scattering processes,
while its imaginary part, m;, determines the absorption processes. From absorption and
extinction coefficients, it is possible to derive the aerosol scattering coefficient and the single
scattering albedo, that measures the portion of extinction due to scattering.

The inversion algorithms for the retrieval of aerosol microphysical parameters from multi-
wavelength lidar sounding provide a dataset of possible solutions. From each of these
solutions the aerosol optical properties are recalculated back. The solutions able to minimize
the discrepancy, p, between the input optical data (i.e. the measured optical coefficients)
and the optical data calculated from the solutions are selected and averaged to provide the

final estimation of the microphysical properties. More precisely, the solutions with
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discrepancy in a range [Pmin, Pmax] N€ar the minimum discrepancy, p,in, are selected and
averaged.

For mono-modal particle size distributions, the uncertainty of the retrieved parameters does
not depend significantly on the choice of averaging interval [pmin, » Pmax] (Veselovskii et al.,
2002) and averaging is usually performed over an interval in which 10% of the solutions are
concentrated. However, particle size distributions in the atmosphere typically consist of two
modes, denoted as the fine mode and the coarse mode. Cases could occur along continental
rims where marine and anthropogenic particles mix. Dust events could lead to the transport
of large mineral particles into anthropogenically polluted areas. Hygroscopic growth could
lead to comparably large particles. For bimodal particle size distributions the correct choice
of averaging interval is more critical with respect to mono-modal size distributions.
Therefore, with respect to the previous inversion codes, the inversion method of the
algorithm developed by Veselovskii et al. (2004) improve the criterion for determining p,ax

according to the discrepancy of averaged solutions p®V¢, determined as

ave

pave 1 Z‘gi_gi
Nopt ; Yi

where N, is the number of available optical coefficients (in our case N, = 3B + 2a =5), g;

is the i-th measured optical coefficient and gi'® is the corresponding optical coefficient

calculated from the solutions averaged in the interval [pmin, » Pmax]- The best parameter
estimation is achieved for that averaging interval for which the averaged discrepancy p%v¢
becomes stable (it may oscillate around some constant level) and averaging is stopped

before the discrepancy p%'¢

starts to rise. The errors of input optical data are not required
to run the code. The availability of a data banks for Mie efficiencies in the code allows to
speed up the computation and to take into consideration particles with radii up to 10 um. In
the retrieval, only spherical particles are considered because no information about
depolarization is available; the ranges used for minimum and maximum radius of CCN are
0.05 um - 0.2 um and 0.55 um - 10 um, respectively; the ranges used for my and m; are 1.35

-1.68 and 0.0005 - 0.05, respectively.
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3.6 Example of lidar analysis

In the following, a case relative to the night time observations collected at CIAO on 26 July
2010 is presented. Figure 3.2 shows the time series of lidar range corrected signal (RCS) at
1064 nm measured by MUSA system from 19:20 UTC to 21:00 UTC. The time series shows
the presence of clouds between 2.0 km and 3.0 km above sea level (a.s.l.), in the time range
from 19:20 UTC to 20:00 UTC (area within the black ellipse in Figure 3.2). These clouds are
optically thin, because the laser beam is able to penetrate them and a backscattered signal
from the atmosphere above them is detected. Moreover, the observed clouds are also
broken, because they have a not homogeneous horizontal structure characterized by cloud
fields separated by cloud-free regions.

Figure 3.3 shows the time series of vertical profiles of radar reflectivity factor Z (left panel)
and LDR (right panel) measured by the Doppler radar. Z catches the largest fraction of the
droplet size distribution (area within the black ellipse in Figure 3.3). The absence of
signatures in the radar LDR time series indicates that LDR is lower than the detection
sensitivity of the cross channel and does not allow to identify the shape and, therefore, the

phase of the hydrometeors.

Altitude a.s.l. [km)

19:20 19:40 20:00 20:20 20:40 21:00
Time UTC [hh:mm]

I B
0.00e+00 4.00e+06 8.00e+06 1.20e+07 1.60e+07

RCS 1064 nm [a.u.]

Figure 3.2: Time series of lidar range-corrected signal (RCS) at 1064 nm measured by MUSA on 26 July 2010
from 19:20 UTC to 21:00 UTC. Each profile has a vertical resolution of 3.75 meters and a time resolution of 60
seconds. The altitudes are above sea level (a.s.l.).
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Figure 3.3: Time series of vertical profiles of reflectivity factor Z (on the left) and linear depolarization ratio
LDR (on the right) measured by the Doppler radar operative at CIAO on 26 July 2010 from 19:20 UTC to 21:00
UTC. Both plots have a vertical resolution of 30 meters and a time resolution of 10 seconds. The heights are
above sea level (a.s.l.).

Figure 3.4 (a) shows the vertical profiles of extinction coefficient at 355 nm “with clouds”
(red line) and “without clouds” (black line) obtained with the Raman lidar technique, by
averaging over a time window of 20 minutes, from 19:22 UTC to 19:42 UTC; the multiple
scattering correction for the extinction coefficient “with clouds” is also reported (green line).
Figure 3.4 (b) shows the vertical profiles of RH “with clouds” (red line) and “without clouds”
(black line) obtained with the Raman lidar technique by averaging over the same time
window and calibrated using simultaneous measurements of IWV performed by the
microwave radiometer. For all the profiles in Figure 3.4 the effective vertical resolution is
270 m, while the “skipped fraction” is 40% .

In the vertical regions below 2230 m and above 2740 m a.s.l, C and NC extinction coefficients
do not show significant differences within their error bars. In these regions, CCN are not
activated into droplets. In the layer between 2230 m and 2740 m a.s.l., C extinction profile

(red line) shows larger values than NC extinction profile (black line). This layer (pink area in
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fig. 3.4a) has a vertical extension of 510 m and can be considered as the region where CCN

grow and droplet formation occurs, that is the activation region.
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Figure 3.4: (a) Vertical profiles of extinction coefficient at 355 nm with clouds (red line) and without clouds
(black line) obtained with Raman lidar technique by averaging over a time window of 20 minutes, from 19:22
UTC to 19:42 UTC. The extinction coefficient with clouds is also corrected for multiple scattering effect (green
line). (b) Vertical profiles of relative humidity with clouds (red line) and without clouds (black line) obtained
with Raman lidar technique over the same time window and calibrated using simultaneous measurements of
water vapor performed by the microwave radiometer. The effective vertical resolution is 270 m and the
skipped fraction is 40% .

Figure 3.5 shows the averaged nitrogen Raman lidar signals at 387 nm with clouds (blue line)
and without clouds (green line). Both the signals are calibrated on the molecular lidar signal
at 387 nm derived from a standard atmosphere model (red line). Figure 3.6 shows the first
derivative of the Raman signal with clouds. This derivative is smoothed by a moving average
with a smooth width of 24 points. The cloud base height, located where the C Raman signal
shows an inflection point, corresponding to a local minimum of the first derivative of this
signal, is identified as the height at which the derivative starts to decrease on the decreasing
edge of the local minimum and is estimated at 2290 m a.s.l. (see arrows in Figures 3.5, 3.6).
The cloud top height, identified as the height where the C Raman signal starts to overlap the
corresponding NC averaged Raman signal, is estimated at 2530 m a.s.l. (see arrow in Figure
3.5). Therefore, the cloud region (purple area in Figure 3.4a) has a vertical extension of 240

m within the larger activation region.
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RH profiles in figure 3.4 (b) show a good correlation within the cloudy layer and the
saturation is reached close to the cloud base, in a good agreement within the respective
error bars.
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Figure 3.5: Averaged nitrogen Raman lidar signals at 387 nm with clouds (blue line) and without clouds
(green line). Both signals are calibrated on a molecular lidar signal at 387 nm calculated using a standard
atmosphere model (red line).
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Figure 3.6: First derivative of the averaged nitrogen Raman lidar signal at 387 nm with clouds. The derivative
is smoothed by a moving average with a smooth width of 24 points, corresponding to an effective resolution
of 86.25 m.
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Figure 3.7 shows the vertical profiles of 355 nm backscattering coefficient (left panel) and
lidar ratio (right panel) “with clouds” (red lines) and “without clouds” (black lines),
corresponding to the same lidar analysis of figure 3.4. It can be observed that in the layer
between cloud base and cloud top, C backscattering profile (red line on the left panel of
figure 3.7) is higher than NC backscattering profile (black line), and C lidar ratio profile (red
line on the right panel of figure 3.7) is lower than NC lidar ratio profile. This allows to
discriminate between aerosols and clouds. Particularly, in the layer between cloud base and
cloud top, the cloud backscattering coefficient ranges from 1.71 x 10° m™sr'to 8.64 x 10”
m? srl with a mean value of 6.81 x 10° + 1.95 x 10> m™ sr?, while the aerosol
backscattering coefficient ranges from 4.1 x 10° m™* sr' to 6.3 x 10° m™ sr?, with a mean
value of 5.6 x 10° + 0.6 x 10° m™* sr'l; in the same altitude range, the cloud extinction
coefficient ranges from 3.6 x 10* m™to 12 x 10* m™, with a mean value of 10 x 10” + 2.3 x
10* m'l, while the aerosol extinction coefficient ranges from 1.6 x 10*m™*to 2.4 x 10™ m'l,
with a mean value of 2.1 x 10 £ 0.2 x 10 m™. Moreover, for the same layer, the cloud lidar
ratio ranges from 13.7 sr to 21.4 sr, with a mean value of 14.6 + 1.2 sr, while the aerosol lidar
ratio ranges from 33.2 sr to 37.7 sr, with a mean value of 37.8 + 3.6 sr. So high values of
cloud extinction and backscattering coefficients and so low values of cloud lidar ratio are
never observed in cloud-free atmosphere and are comparable with the values previously
measured and calculated in liquid water clouds (Pinnick et al., 1983; Wandinger, 1998; Wu
et al.,, 2009).

Moreover, the value of the lidar ratio in liquid water clouds can be derived theoretically
using Mie theory, assuming that the cloud droplets are spherical and have a well defined
refractive index. Assuming a gamma cloud droplet size distribution derived from in situ
measurements for stratocumulus clouds (Miles et al., 2000), it is obtained that for droplet
diameter between 8 and 20 um, which are typical values for stratocumulus clouds, the value
of lidar ratio at 355 nm is almost constant, with a mean value of 18.9 + 0.4 (O’Connor et al.,
2004). The measured value may deviate from the theoretical one because the assumptions
on which the theoretical calculations are based might be not enough accurate for the
investigated scenarios.

Note that, in the layer just below the cloud base, between 2140 m and 2270 m a.s.l., and in
the layer above the cloud top, between 2620 m and 2760 m a.s.l., a strong decrease of
backscattering coefficient, even to negative values, and, consequently, a strong increase of
lidar ratio are observed in C profiles (red lines in figure 3.7). This behavior is the effect of the
use of a 2" order Savitzky-Golay smoothing filter in those vertical regions where strong

gradients of the aerosol backscattering coefficient occur, such as the layers close to the
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cloud base and cloud top. Indeed, this effect within the activation region, below the cloud
base and above the cloud top, has been observed in most of the selected case studies; in
some cases this effect also affected a few points below the cloud top. For all these cases, the
values of cloud backscattering coefficient and of cloud lidar ratio at these altitudes have

been cut in the following statistical analysis described in Chapter 4.

4.0 T ———r 40 ———r————F—7T—T—"T"—T1T"—T"T"—T"
19:22 -19:42 UTC 1 19:22 -19:42 UTC
35| no clouds _ 35 no clouds _|
clouds clouds
304 activation top: 2740 m | 304 ]
;: _____ cloud top: 2530 m | ]
[v]
e%, 254 g ----oF i - 2.5 -
=l 4
=
(] ] i - .
I 20 cloud base: 2290 m 2.0
activation base: 2230 m b 1 1
1.5 - . 1.5 - _
resolution: 270 m
skipped fraction = 0.4 |
1.0 UL L L] B LA L R AL B AL 1.0 UL L B L B NELEN B RN | I
0.0 0.1 1.0 10.0 100.0 0 10 20 30 40 50 60 70 80 90 100 110 120
355 nm backscattering coefficient (10'5m'1sr'1) 355 nm lidar ratio (sr)

Figure 3.7: Vertical profiles of 355 nm backscattering coefficient (left panel) and lidar ratio (right panel) with
clouds (red lines) and without clouds (black lines) obtained with Raman lidar technique by averaging over a
time window of 20 minutes, from 19:22 UTC to 19:42 UTC. The effective vertical resolution of the profiles is
270 m and the skipped fraction is 40% .

By averaging the temperature profile provided by the microwave radiometer over the same
time window of the lidar analysis, from 19:22 UTC to 19:42 UTC, cloud base and cloud top
temperatures are estimated at 277 K and 275 K, respectively. The LWP in the time window
of lidar analysis is lower than 60 gm'2 with an average value of 15 gm'z. These results indicate
the liquid phase of the observed clouds.

On the other hand, for these clouds, Z ranges from - 58 dBZ to - 44 dBZ, with a mean value
of -49 dBZ, and no LDR is detected. Indeed, for so low values of radar reflectivity, the values
of LDR less than about - 15 dB are below the radar sensitivity, because the intensity of the
cross-polarized radar signal is typically much lower than the co-polarized radar signal.
Therefore, for the selected case, all the LDR values less than about - 15 dB are not detected
and are possible and the radar LDR does not allow to identify the cloud phase.

The calculated values of COD and AROD at 355 nm are 0.24 and 0.33, respectively.
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Table 3.1 indicate the values of multi-wavelength aerosol optical properties in cloud-free
regions, averaged over the altitude range between the base and the top of cloudy region
and obtained with lidar analysis without clouds. These properties include extinction
coefficients a at 355 and 532 nm, backscattering coefficients B at 355, 532 and 1064 nm,
lidar ratios S at 355 and 532 nm and Angstrom exponents 3 related to the above mentioned
extinction and backscattering coefficients.

Figure 3.8 shows the air mass backtrajectories calculated up to 5 days before the
observations, provided by NOAA Hysplit model (Draxler and Rolph, 2014; Rolph, 2014) and
related to the aerosol layer that is in regions surrounding the clouds. Backtrajectories are
calculated at 3 different height levels: 1400 m a.g.l. (i.e. 2160 m a.s.l.), that is about 100 m
below the cloud base, 1650 m a.g.l. (i.e. 2410 m a.s.l.), that corresponds to an altitude inside
the cloud and 2000 m a.g.l. (i.e. 2760 m a.s.l.), that is above the cloud top.

The retrieved values of S, between 30 sr an 40 sr, and of 3, between 0.6 and 1, are consistent
with the presence of mixed urban haze and fresh/aged smoke particles or forest fire smoke
in the troposphere (Muller et al., 2007). This is likely confirmed by the analysis of the back-
trajectories, showing the origin from North and Central Europe of the air masses related to
the selected aerosol layer.

Finally, the size distribution and the complex refractive index of aerosol in regions
surrounding the clouds are retrieved from the 3p +2a data set reported in Table 3.1, used as
input data of the algorithm for the retrieval of aerosol microphysics. The retrieved
microphysical parameters, i.e, CCN effective radius re, number concentration N;, surface
area concentration S;, volume concentration V;, real part mg and imaginary part m, of
complex refractive index, are shown in Table 3.2. The values of re = 0.41 um, mg = 1.465 and
m, = 0.005 are consistent with the presence of urban - industrial aerosols following the
climatologic values provided by Aerosol Robotic Network (AERONET) measurements

(Dubovik et al., 2002).
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2.11x10"  561x10° 37.84 0.8 0.5 -
532 136x10*  4.44x10° 31.40 0.85 0.59 0.95
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1064 : 2.30x 10 0.95

Table 3.1: Multi-wavelength aerosol optical properties averaged over the altitude range between the base and the
top of cloudy region and obtained with lidar analysis without clouds: a and B are the extinction and backscattering
coefficients, respectively, at the indicated wavelengths; S are lidar ratios at the indicated wavelengths; G are
Angstrém exponents related to extinction coefficients at 355 and 532 nm, to backscattering coefficients at 355 and
532 nm and to backscattering coefficients at 532 and 1064 nm.
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Figure 3.8: Back-trajectories calculated for air masses related to the aerosol layer that is in regions
surrounding the clouds at the altitudes of 1400 m (red line), 1650 m (blue line) and 2000 m (green line) a.g.l.
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Fet (LM) 0.41+0.1

N¢ (cm™) 1200 + 790
S¢(um? cm™) 370+ 81
Vt(um3 cm) 52 +19

Mk 1.465 + 0.0816
m 0.005 #+ 0.0037

Table 3.2: Microphysical parameters of aerosols in regions surrounding the clouds retrieved from the values
of extensive optical properties (38 +2a data set) reported in Table 3.1, used as input data of the algorithm
developed by Veselovskii et al. (2004). These parameters include aerosol effective radius r.g number
concentration N,, surface area concentration S, volume concentration V,, real part mg and imaginary part m,
of complex refractive index.
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CHAPTER 4
RESULTS

In this chapter, the results of the analysis of 20 night time observations of low or mid-level
optically thin broken clouds, performed in the period 2010-2013 with multi-wavelength
Raman lidars, the cloud Doppler radar and the microwave radiometer operative at CIAO, are
presented and discussed. In Table 4.1, date, time and altitude range of the observed clouds
are reported. Each observation is identified by a case number. Applying the methodology
described in the previous chapter, several cloud layer properties have been retrieved, such
as the geometrical and optical depth of both the activation and the cloud region, the height
and temperature of cloud base and top, the LWP. All the observed cloud layers have been

characterized as follows:

a. the retrieved cloud properties are compared with the corresponding Cloudnet products,
with particular reference to cloud boundaries;

b. the variability of optical properties and humidity in the transition from the cloudy
regions to the cloud-free regions surrounding the clouds have been studied, with the aim
to empirically investigate aerosol activation and cloud formation process;

c. the moments of the radar Doppler spectrum, in particular the signal to noise ratio (SNR),
the mean Doppler velocity and Z, are analyzed in order to study droplet size, updrafts
and downdrafts during aerosol activation and cloud dynamical development;

d. finally, the microphysical parameters of CCN in the cloud-free regions are correlated with

cloud updrafts and downdrafts.

Case number Date Time (UTC) Altitude range (km a.s.l.)
1 07 June 2010 1950-2020 2.5-3.5 (mid-level clouds)
2 28 June 2010 2040-2100 2.5-3.5 (mid-level clouds)
3 26 July 2010 1920-1945 2.0-3.0 (mid-level clouds)
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4 08 August 2010 0105-0130 2.5-3.5(mid-level clouds)
5 17 February 2011 1910-1930 1.5-2.5 (low level clouds)
6 30 June 2011 2000-2025 1.5-2.0 (low level clouds)
7 07 July 2011 1945-2005 3.5-4.5 (mid-level clouds)
8 04 August 2011 2010-2040 3.5-4.5 (mid-level clouds)
9 04 August 2011 2050-2115 3.5-4.5 (mid-level clouds)
10 10-11 August 2011 2345-0015 1.5-2.5 (low level clouds)
11 03 June 2013 1920-1955 2.0-2.5 (mid-level clouds)
12 09 September 2010 0210-0240 1.0-2.0 (low level clouds)
13 13 May 2010 2135-2200 1.5-2.0 (low level clouds)
14 24 June 2010 2050-2130 2.0-3.0 (mid-level clouds)
15 26 July 2011 0150-0220 2.5-3.5 (mid-level clouds)
16 04 October 2010 2030-2100 3.5-4.5 (mid-level clouds)
17 27 August 2011 0015-0100 4.0-5.0 (mid-level clouds)
18 12 August 2010 1850- 1915 2.0-2.5 (mid-level clouds)
19 13 May 2010 2320-2350 1.5-2.0 (low level clouds)
20 13 May 2010 2255-2325 1.5-2.0 (low level clouds)

Table 4.1: 20 cases of low or mid-level optically thin broken clouds observed at CIAO.
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4.1 Cloud layer properties

As mentioned above, using the methodology described in Chapter 3, several properties of
cloud layers have been retrieved. These properties are reported in Table 4.2, while their
variability is reported in Table 4.3. The types and source regions of aerosols in cloudless
regions surrounding the clouds are also reported in these tables.

For the cases 11 and 16, referred to the observations of 3 June 2013 and of 4 October 2010
according to the Table 4.1, the radiometer LWP and products are missing. For the case 18,
referred to the observation of 12 August 2010, the radiometer does not detect the presence
of liquid water.

The activation region, where CCN grow and condensation occurs, has a vertical extension
ranging from 290 m to 1040 m. The height of cloud base ranges from 1440 m to 4550 m
a.s.l., while the height of cloud top ranges from 1640 m to 4730 m a.s.l. Cloud region, where
condensation occurs, is obviously identified as the region between cloud base and cloud top,
and it has a geometrical depth ranging from 90 m to 500 m. The cloud optical depth (COD) at
355 nm ranges from 0.06 to 1.20, while the activation region optical depth (AROD) at 355
nm ranges from 0.09 to 1.45. The temperatures of cloud base and cloud top are estimated
from the atmospheric temperature profiles provided by radio-soundings, if available, or by
the microwave radiometer measurements. The cloud base temperature ranges from 270 K
to 286 K and is above the freezing temperature in 80% of the selected cases, while the cloud
top temperature ranges from 268 K to 284 K and is above the freezing temperature in 75%
of the selected cases. 15 cases (75% of the cases) show clouds with base and top
temperatures above the freezing temperature and therefore they are liquid water clouds.
For the remaining 5 clouds (25% of the cases), 1 cloud has a base temperature of 276 K and a
top temperature of 272 K, and 4 clouds have temperatures between 268 and 272 K. Such
temperature values, as well as the relatively low values of the radar reflectivity (lower than -
40 dBZ) and of LDR (lower than -30 dB) indicate that these clouds are likely super-cooled
liquid water clouds, or at most mixed-phase clouds with small liquid droplets. This is also
confirmed by the cloud LWP estimations provided by the microwave radiometer, which
indicate the presence of liquid water for all the observed clouds, with LWP values lower than
180 g m™. Finally, it is worth to add that the aerosol type in cloud-free regions surrounding

the broken clouds is originated from different sources (e.g. dust, continental, mixed).
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Ac-t Ivation Acflvatlon Actlv?tlon Cloud base | Cloud top Cloud layer Cloud base Cloud top
Case region: base | region: top region . . . LWP Aerosol type/ source
. . . height height thickness COD | AROD | temperature | temperature 2 X
number height height thickness inaal (ma.s.l) (m) (K) K) (g m™) region
(ma.s.l.) (ma.s.l.) (m) o o
1 2640 3110 470 2800 3030 230 038 | 053 276 275 510 | mixed, Central Europe
2 2650 3160 510 2730 2920 190 010 | 015 277 276 1020 mixed, East Europe
3 2230 2740 510 2290 2530 240 024 | 033 277 275 1560 | MXed g‘u‘igse’ Central
4 2750 3170 420 2850 3030 180 024 | 036 277 276 10-15 urban :j:jégen”a'
5 1810 2400 590 2120 2340 220 043 | 060 271 269 35-165 desert dust, Sahara
6 1620 2000 380 1670 1900 230 0.06 | 0.09 284 283 90-100 | 03" h:zero i‘;“thwe“
7 3560 4000 440 3670 3890 220 037 | 047 274 273 6580 | Mo ERSrSj:e' North
8 3490 4250 760 3660 4070 410 031 | 037 276 273 140200 | desert dust, Sahara
9 3540 4320 780 3610 4110 500 040 | 046 276 272 120-140 | desert dust, Sahara
10 1490 2170 680 1620 2110 490 100 | 1.06 283 281 130-170 | mixed, North Europe
11 2010 2370 360 2040 2300 260 120 | 1.45 278 276 n.a. marine, Northwest
Europe
12 1350 1740 390 1440 1740 300 0.59 | 0.64 286 284 g5-00 | Jesertdust +marine,
Sahara-Tyrrhenian Sea
13 1610 1910 300 1650 1870 220 0.14 0.17 279 278 10-10 mixed, North Europe
14 1980 2330 350 2090 2320 230 043 | 051 279 278 50-150 | Urbanhaze industrial,
North - Central Europe
15 3010 3330 320 3090 3180 90 0.06 | 013 271 271 100-110 |  Urbanindustrial
Northwest Europe
16 3560 4600 1040 3890 4300 410 0.45 0.64 270 268 n.a. desert dust, Sahara
desert dust + fire
17 4430 4990 560 4550 4730 180 026 | 0.44 270 269 190-210 | smoke, Sahara-East
Europe
18 2150 2490 340 2230 2410 180 012 | 018 284 283 0 Urban, Southwest
Europe
19 1380 1670 290 1510 1640 130 0.15 | 024 280 279 2050 | Urban-smoke mixed,

Southwest Europe
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urban-smoke mixed

20 1480 1940 460 1700 1860 160 0.12 0.22 279 278 15-40
Southwest Europe

Table 4.2: Properties of low or mid-level optically thin broken clouds observed at CIAO in the dataset considered for this study. For the cases 11 and 16, the radiometer LWP is not available.
For the case 18, the radiometer does not detect the presence of liquid water.
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Parameter Range
Activation region thickness, m 290 - 1040
Cloud base height, m a.s.l. 1440 - 4550
Cloud top height, m a.s.l. 1640 - 4730
Cloud layer thickness, m 90 - 500
COoD 0.06-1.20
AROD 0.09-1.45
Cloud base temperature, K 270 - 286
Cloud top temperature, K 268 - 284
LWP, g m™ 5-180
Aerosol type variable (dust, continental, mixed, ....)

Table 4.3: Variability of cloud properties for the low or mid-level optically thin broken clouds observed at
CIAO and reported in Table 4.2.

4.2 Comparison with Cloudnet

Cloud base and top retrievals of thin broken clouds obtained from the Raman lidar
observations have been compared with the Cloudnet categorization retrieval.

For each analyzed cloud layer, Cloudnet estimations of the heights of cloud base and cloud
top have been averaged on the time window of the corresponding lidar analysis with clouds
and compared with the estimations based on Raman lidar technique. Cloudnet estimations
are based on the use of attenuated backscatter coefficient profiles with a vertical resolution

of 30 m, corresponding to an uncertainty of 15 m for these estimations. Raman lidar
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estimations are based on the use of nitrogen Raman lidar signals at 387 nm with a raw
vertical resolution of 3.75 m, which corresponds to an uncertainty of 1.875 m. Figure 4.1
shows the comparison between Raman lidar technique and Cloudnet in the estimation of
cloud base height for the selected case studies. The red points represent Raman lidar
estimations and the black points represent Cloudnet estimations. For the cases 11 and 16,
referred to the observations of 3 June 2013 and of 4 October 2010 according to the Table
4.1, Cloudnet products are not available. In 50% of cases, the discrepancy between the two
techniques is less than 50 m, while in the remaining cases the Raman lidar technique
overestimates the height of the cloud base with respect to Cloudnet, with discrepancies

between 70 m and 120 m.
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Figure 4.1: Comparison of cloud base height retrieved using Raman lidar signals (red points) and obtained
from the Cloudnet algorithm (black points) for the selected case studies. For cases 11 and 16 Cloudnet
products are missing.

Figure 4.2 shows the comparison between the cloud top height retrievals using Raman lidar
signals (red points) and obtained from the Cloudnet algorithm (black points). For the cases
11 and 16 Cloudnet products are missing, while for the cases 3 and 12, referred to the
observations of 26 July 2010 and of 9 September 2010 according to the Table 4.1, further

cloud layers are located above the investigated liquid water clouds. The presence of multiple
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clouds at different altitudes forces Cloudnet algorithm to provide as the cloud top the
altitude of the upper cloud top and not the top altitude of the investigated liquid cloud layer.
In 20% of cases, the discrepancy between the two techniques is less than 50 m; in 10% of
cases, Raman lidar underestimates the height of the cloud top with respect to Cloudnet,
with discrepancies ranging from 70 m to 90 m; in 70% of cases, Raman lidar overestimates
the height of the cloud top with respect to Cloudnet, with discrepancies within 60 — 250 m.
This overestimation is probably due to the fact that the lidar signal of ceilometer at cloud
top is extinguished by the cloud itself and to the fact that the cloud droplet size at cloud top
may be outside the radar detectable range. (i.e. droplet radius less than 10 um). In this case,
Cloudnet is not able to detect the upper region of the cloud, which leads to a more accurate
determination of cloud top height with Raman lidar technique in comparison to the

corresponding determination obtained with Cloudnet algorithms.
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Figure 4.2: Comparison between cloud top height retrievals using Raman lidar signals (red points) and
obtained from the Cloudnet algorithm (black points) in the selected case studies. For cases 11 and 16
Cloudnet products are missing; for cases 3 and 12 there are clouds above the analyzed liquid clouds and
Cloudnet algorithm do not provide the top height of the selected clouds.
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4.3 Statistical results with Raman lidar

For all the selected broken liquid water clouds, the variability of optical properties and
humidity in the transition from the cloudy regions to the cloud-free regions surrounding the
clouds has been studied with the aim to experimentally investigate the activation of aerosol
particles and the cloud formation process.

Figure 4.3 shows the probability density function (pdf) of particle extinction coefficient
values at 355 nm calculated with clouds (blue columns) and without clouds (red columns) in
the altitude range between the base and the top of the activation region. Figures 4.4 and 4.5
show the pdfs of 355 nm particle backscattering coefficient and of 355 nm particle lidar
ratio, respectively, with the same conventions and in the same altitude range of figure 4.3. In
figure 4.3, it can be observed that for values of extinction coefficient higher than 3.5 x 10™*
m™, the probability in the analysis with clouds is much higher than that without clouds; for
values of extinction coefficient lower than 1.0 x 10* m™, the probability in the analysis with
clouds is much lower than that without clouds; for values of extinction coefficient in the
range from 1.0 x 10* m™ to 3.5 x 10" m™, the probabilities in the analysis with and without
clouds are comparable. These results can be interpreted as follows: for values of extinction
coefficient higher than 3.5 x 10 m™, there is an high probability to be within the activation
region, where CCN activate and droplets are formed; for values of extinction coefficient
lower than 1.0 x 10 m™, the probability to be within the activation region is very low,
meaning that the probability of aerosol activation and cloud formation is very low; for
extinction coefficient values in the range from 1.0 x 10* m?* to 3.5 x 10* m?, the
probabilities to be and not to be within the activation region are comparable, meaning that
the probabilities of CCN activation or not activation are comparable. Therefore, the
extinction coefficient values in this range do not allow to discriminate between cloudy and
cloudless regions; this range of values might be identified as the transition region between
clouds and cloud-free atmosphere or “Twilight Zone”, defined as the region containing small
fragments of clouds, hydrated aerosol, as well as incipient and decaying clouds (Koren et al.,
2007). From Figure 4.4 it can be similarly deduced that: for values of backscattering
coefficient higher than 1.0 x 10° m™ sr, there is an high probability to be within the
activation region, meaning that there is an high probability of CCN activation and droplet

1 the

formation; for values of backscattering coefficient lower than 0.6 x 10° m™ sr
probability to be within the activation region is very low, meaning that the probability of
CCN activation and cloud formation is very low; for values of backscattering coefficient in the

range from 0.6 x 10°m™sr™ to 1.0 x 10° m™* sr’?, the probabilities to be and not to be within
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the activation region are comparable, meaning that the probabilities of CCN activation or not
activation are comparable. These values of backscattering coefficient do not allow to
discriminate between cloudy and cloudless regions and might identity the “Twilight Zone”.
Finally, from Figure 4.5 it can be deduced that: for values of lidar ratio lower than 25 sr,
there is an high probability of CCN activation and cloud formation; for lidar ratio values
higher than 55 sr, the probability of CCN activation and cloud formation is very low; for lidar
ratio values in the range from 25 sr to 55 sr, the probabilities of CCN activation or not
activation are comparable. These values of lidar ratio do not allow to discriminate between
cloudy and cloudless regions and might identify the “Twilight Zone”.

In summary, for each optical parameter considered in this study, it is possible to identify two
threshold values to discriminate between aerosol activation and not activation. These values
are 1.0 x 10* m™ and 3.5 x 10* m™ for extinction coefficient, 0.6 x 10° m*srtand 1.0 x 10°
m™srt for backscattering coefficient, 25 sr and 55 sr for lidar ratio. For values of extinction
coefficient and backscattering coefficient higher than 3.5 x 10* m™ and 1.0 x 10> m™* sr'?,
respectively, and for lidar ratio values lower than 25 sr, there is an high probability of CCN
activation and droplets formation; for values of extinction coefficient and backscattering
coefficient lower than 1.0 x 10™® m™ and 0.6 x 10° m™* sr?, respectively, and for lidar ratio
values higher than 55 sr, the probability of CCN activation and cloud formation is very low.
For values of optical parameters in the range between the threshold values, that is for
extinction coefficient in the range from 1.0 x 10* m* to 3.5 x 10* m?, backscattering
coefficient in the range from 0.6 x 10°m™sr! to 1.0 x 10 m™ sr'* and lidar ratio in the range
from 25 sr to 55 sr, the probabilities of activation and not activation are comparable. These
values of optical parameters do not allow to discriminate between cloudy and cloudless
regions and might identify the transition region between clouds and cloud-free atmosphere
or “Twilight Zone”(Koren et al., 2007).

These results can be used to directly evaluate and improve the ability of cloud numerical
models to predict the droplet activation, by ground-based Raman lidar measurements of
extinction and backscattering coefficients. This evaluation of cloud models also implies an
indirect validation of the parameterizations of droplet activation used in these models.
Moreover, the above mentioned lidar measurements can be used also to better
parameterize model diagnostic variables based on the comparison of the pdfs obtained by

the model and by the measurements.
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Figure 4.3: Probability density function of particle extinction coefficient at 355 nm “with clouds” (blue

columns) and “without clouds” (red columns) in the altitude range between the base and the top of the

activation region for the selected case studies.
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Figure 4.4: Probability density function of particle backscattering coefficient at 355 nm “with clouds” (blue

columns) and “without clouds” (red columns) in the altitude range between the base and the top of the

activation region for the selected case studies.

66



0.28 - B clouds

0.26 B o clouds

022 - activation base < z < activation top

PR NI NI I T (T N NI T ST AU I NI N R

10 20 30 40 50 60 70 80 90 100 110 120
Lidar ratio (sr)

Figure 4.5: Probability density function of particle lidar ratio at 355 nm “with clouds” (blue columns) and
“without clouds” (red columns) in the altitude range between the base and the top of the activation region
for the selected case studies.

Figure 4.6 shows the pdf of relative humidity (RH) values calculated with clouds (blue
columns) and without clouds (red columns) in the altitude range between the base and the
top of the activation region. In the selected altitude ranges, RH values are essentially higher
than 50% and RH values with pdf greater than 0.1 are higher than 80%, for both clouds and
clear sky conditions. For all RH values, the probabilities with clouds and without clouds have
comparable values, indicating that for all RH values the probability of activation is
comparable with that of not activation. Therefore, RH pdf does not allow the discrimination
between aerosols and clouds. A reason behind this result is that the RH Raman lidar profiles
have uncertainties too large to be used for this target classification. Actually, droplet
formation in the atmosphere occurs at supersaturation levels typically lower than 1%
(Pruppacher and Klett, 2000). Random uncertainties of RH lidar measurements are typically
in the range between 10 and 30%. Therefore, Raman lidar measurements of RH do not allow

to improve the knowledge of the activation processes.
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Figure 4.6: Probability density function of relative humidity obtained from Raman lidar analysis “with clouds”

(blue columns) and “without clouds” (red columns) in the altitude ranges between the base and top of the
activation region for the selected case studies.

Figure 4.7 shows the scatter plot of aerosol extinction coefficient values at 355 nm versus RH
values calculated by lidar analysis with clouds in the altitude range of 600 m below the cloud
base height; figure 4.8 shows the same scatter plot in the altitude range between the cloud
base and cloud top. The lidar extinction profiles, with a raw vertical resolution of 3.75 m, are
interpolated on the raw vertical resolution of lidar RH profiles, i.e. 15 m. In Figure 4.7, the
data points with extinction coefficient values lower than 1.0 x 10 m™, for which the
activation probability of CCN is very low, are located below the base of activation region; the
points with extinction coefficient between 1.0 x 10* m™ and 3.5 x 10* m™ are mostly located
below the base of activation region, but a group of them, having RH values higher than 85%,
is located within the portion of activation region below the cloud base; the data points with
extinction coefficient higher than 3.5 x 10” m™ are within the activation region below the
cloud base. In Figure 4.7, the points of the activation region located below the cloud base
are within the blue ellipse. Furthermore, it can be observed that RH is lower than 100% for
most of the data points below the cloud base, but a group of data points shows high super-

saturation levels (higher than 1%) below the cloud base. These points, although reliable
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within the measurement errors, including both the statistical uncertainty and the calibration
bias, are probably related to processes not well understood that need further investigation.
For example, these points might indicate the presence of large hydrated CCN with sizes
comparable to those of the droplets, which have not had sufficient time to form droplets
and having values of optical properties and RH similar to those of the droplets. These
particles are produced starting from CCN with a large dry diameter and very low critical
supersaturation; the timescale of cloud formation is not sufficient for these particles to
reach their critical diameter. Nonetheless, the driving force for growth is always positive,
and these particles continuously grow, attaining a wet diameter similar or larger to those of
the activated droplets. Thus, even though these particles do not activate, they cannot be
distinguished from activated droplets, and so should be treated as such (Nenes, 2003).

In Figure 4.8, it can be observed that all the points inside the cloud region are characterized
by aerosol extinction coefficient values higher than 3.5 x 10* m™ or between 1.0 x 10 m™
and 3.5 x 10" m™, and most of these points have RH values higher than 85%. A small group
of data points shows lower values of RH inside the clouds (area within the black ellipse in
figure 4.8). All these points are located close to the cloud top, where the random uncertainty
for RH is high, even higher than 20%, because of the strong extinction of Raman lidar signals
due to the cloud water droplets. In some cases, close to the cloud top, the extinction of
water vapor Raman signal at 407 nm is much higher than the extinction of nitrogen Raman
signal at 387 nm and this leads to an under-estimation of WVMR and RH, which can explain
RH values lower than 85%. From the analysis of scatter plots shown in figures 4.7 and 4.8, it
can be deduced that the points within the activation region located below the cloud base
(area within the blue ellipse in figure 4.7) have values of extinction coefficient (higher than

1.0x 10* m™)and RH (higher than 85%) similar to those observed within the cloud region.
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Figure 4.7: Scatter plot of aerosol extinction coefficient at 355 nm versus RH calculated by lidar analysis “with
clouds” in the altitude range of 600 m below the cloud base. The area within the blue ellipse contains the
points of the activation region located below the cloud base.
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Figure 4.8: Scatter plot of aerosol extinction coefficient at 355 nm versus RH calculated by lidar analysis “with
clouds” in the altitude range between the cloud base and cloud top. The area within the black ellipse shows
RH values lower than 85% inside the cloud region.
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Figure 4.9 shows the scatter plot of aerosol backscattering coefficient values at 355 nm
versus RH values calculated by lidar analysis with clouds in the altitude range of 600 m below
the cloud base; Figure 4.10 shows the same scatter plot in the altitude range between the
cloud base and cloud top. The backscattering profiles, with a raw vertical resolution of 3.75
m, are interpolated on the raw vertical resolution of RH profiles. In figure 4.9, the points
with backscattering coefficient values lower than 0.6 x 10° m™ sr?, for which the activation
probability of CCN is very low, are located below the base of activation region; the points
with backscattering coefficient between 0.6 x 10° m™*srt and 1.0 x 10° m™ sr* are located
partly below the base of activation region and partly within the portion of activation region
below the cloud base; the data points with backscattering coefficient higher than 1.0 x 10°
m™ sr’! are within the activation region below the cloud base. In Figure 4.9, the points of the
activation region located below the cloud base are within the blue ellipse. Note that RH is
lower than 100% for most of the data points below the cloud base, while a group of points
shows high super-saturation levels below the cloud base, which can be explained similarly to
figure 4.7. In figure 4.10, all the points inside the cloud region have aerosol backscattering
coefficient values higher than 1.0 x 10° m™ sr'* or between 0.6 x 10° m™ sr*and 1.0 x 10° m’
Ysr?, and most of these points have RH values higher than 85%. A small group of points, all
located close to the cloud top, shows lower values of RH (area within the black ellipse in
figure 4.10), which can be explained similarly to figure 4.8. From the analysis of scatter plots
shown in figures 4.9 and 4.10, it can be deduced that the points within the activation region
located below the cloud base (area within the blue ellipse in figure 4.9) have values of
backscattering coefficient (higher than 0.6 x 10~ m™ sr'’)and RH (higher than 85%) similar to

those observed within the cloud region.
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Figure 4.9: Scatter plot of aerosol backscattering coefficient at 355 nm versus RH calculated by lidar analysis
“with clouds” in the altitude range of 600 m below the cloud base. The area within the blue ellipse contains
the points of the activation region located below the cloud base.
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Figure 4.10: Scatter plot of aerosol backscattering coefficient at 355 nm versus RH calculated by lidar analysis
“with clouds” in the altitude range between the cloud base and cloud top. The area within the black ellipse
shows RH values lower than 85% inside the cloud region.
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Figure 4.11 shows the scatter plot of particle lidar ratio values at 355 nm versus RH values
calculated by lidar analysis with clouds in the altitude range of 600 m below the cloud base;
Figure 4.12 shows the same scatter plot in the altitude range between the cloud base and
cloud top. The lidar ratio profiles, with a raw vertical resolution of 3.75 m, are interpolated
on the raw vertical resolution of RH profiles. In Figure 4.11, the points with lidar ratio higher
than 55 sr, for which the activation probability of CCN is very low, are located below the
base of activation region; the points with lidar ratio between 25 sr and 55 sr are mostly
located below the base of activation region, but a group of them, having RH values higher
than 85%, is located within the portion of activation region below the cloud base; the data
points with lidar ratio lower than 25 sr are within the activation region below the cloud base.
In Figure 4.11, the points of the activation region located below the cloud base are within
the blue ellipse. Note that RH is lower than 100% for most of the data points below the
cloud base, while a group of points shows high super-saturation levels below the cloud base,
which can be explained similarly to figure 4.7.

In figure 4.12, all the points inside the cloud region have particle lidar ratio values lower than
25 sr or between 25 sr and 55 sr, and most of these points have RH values higher than 85%.
A small group of points, all located close to the cloud top, shows lower values of RH (area
within the black ellipse in figure 4.12), which can be explained similarly to figure 4.8. From
the analysis of scatter plots shown in figures 4.11 and 4.12, it can be deduced that the points
within the activation region located below the cloud base (area within the blue ellipse in
figure 4.11) have values of lidar ratio (lower than 55 sr) and RH (higher than 85%) similar to

those observed within the cloud region.
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Figure 4.11: Scatter plot of particle lidar ratio at 355 nm versus RH calculated by lidar analysis “with clouds”
in the altitude range of 600 m below the cloud base. The area within the blue ellipse contains the points of
the activation region located below the cloud base.
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Figure 4.12: Scatter plot of particle lidar ratio at 355 nm versus RH calculated by lidar analysis “with clouds”
in the altitude range between the cloud base and cloud top. The area within the black ellipse shows RH
values lower than 85% inside the cloud region.
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In conclusion, from the analysis of all the scatter plots shown before, it is deduced that the
portion of the activation region that is below the cloud base and the cloud region are
characterized by similar values of optical properties and RH: extinction coefficient higher
than 3.5 x 10°* m™* or, less likely, between 1.0 x 10* m™*and 3.5 x 10* m'l; backscattering
coefficient higher than 1.0 x 10° mtsr? or, less likely, between 0.6 x 10° m™* srt and 1.0 x
10° m™ sr'l; lidar ratio lower than 25 sr or, less likely, between 25 sr and 55 sr; RH higher
than 85%. Therefore, from these parameters it is not possible to distinguish between these
two regions within the larger activation region, even though these regions can be
discriminated geometrically by comparing the vertical profiles of C and NC extinction
coefficients and C and NC nitrogen Raman signals, as shown in Chapter 3. This leads to
consider the portion of the activation region that is below the cloud base in two possible
ways: it essentially consists of liquid water droplets, which implies to extend the boundaries
of cloud region, identifying it with the whole activation region; alternatively, it is essentially
formed of large hydrated aerosol particles, with sizes comparable to those of the droplets,
which have not had sufficient time to form droplets and having values of optical properties
and RH similar to those of the droplets. These particles are produced starting from CCN with

a large dry diameter and very low critical supersaturation as described by Nenes (2003).

4.4 Statistical results with Doppler radar

For the selected dataset of broken liquid water clouds, the moments of the radar Doppler
spectrum have been studied. In particular, the signal to noise ratio (SNR), the mean Doppler
velocity and reflectivity (Z) have been considered. The mean Doppler velocity provides the
mean vertical velocities of air masses above the radar with time resolution of 10 s and
vertical resolution of 30 m. Positive values of this parameter indicate updrafts, whereas
negative values indicate downdrafts.

Aerosol activation and hence cloud droplet concentration and properties depend on the
updrafts in the clouds. The aerosols are activated in the lower levels of the cloud region and
as these cloud droplets are lofted by the updrafts, water vapor condense because of raised
super-saturation due to adiabatic cooling. Several model experiments (Kirshbaum and Smith,
2009) have shown that when the updrafts are well simulated, the aerosol activation models
simulate the cloud droplet concentration fairly well. Therefore, measuring updrafts in the

clouds and their correlation with aerosol and clouds properties is very interesting. Typically,
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an intense updraft produces an intense downdraft since an intense updraft condenses more
moisture and this condensate exerts drag on the vertical motions and decreases the
buoyancy. Also, intense updrafts increase entrainment of dry air from the atmosphere at the
interface between clean air and cloud top, causing cooling and downdrafts.

Doppler Radar measurements are mainly sensitive to large particles, while the sub-micron
activated CCN and low concentrations of small droplets (with diameter lower than 20 um),
typically forming liquid water clouds, especially close to the cloud base, fall outside the radar
detectable range. This makes challenging to identify the vertical motion at the very
beginning of the CCN activation (at the cloud base) and droplet formation. Indeed, this
identification is often not possible by the typical processing of radar measurements
performed at CIAO based on the averaging 200 consecutive spectra with a time resolution of
10 s and vertical resolution of 30 m. On the other hand, it may become possible by a
different processing of radar measurements that increase the radar sensitivity. For example,
the data processing performed averaging 1200 consecutive spectra and 3 range gates with a
time resolution of 1 minute and vertical resolution of 90 m allows to enhance the radar
sensitivity of 5 - 10 dBZ (Rosoldi et al, 2013).

Among the 20 cases selected for lidar analysis, the radar detects a Doppler spectrum only in
10 cases. For each of these cases, the temporal evolution of vertical velocity in clouds at the
closest altitude to the cloud base inside the radar detectable range is considered. Two
typical situations are observed. The first consists of layers slightly detected by the radar with
only a few points with a mainly positive vertical velocity, that indicates a prevailing effect of
the buoyancy on the droplets. Alternatively, layers detected for longer time interval and
characterized by strong updrafts and downdrafts followed by slightly negative velocities
only; this indicates of major role of entrainment related to strong updrafts likely not
detected at the beginning of droplets activation, because out of the radar sensitivity.

Figure 4.13 shows the pdf of vertical velocities measured by Doppler radar inside the clouds
at the closest altitudes to the cloud base and in the time windows of lidar analysis. Close to
the cloud base, the vertical velocities typically range from - 1.5 m s'to+0.5ms?, with a pdf
median value around - 0.25 m s, indicating a prevalence of downdrafts on the droplets.
Figure 4.14 shows the pdf of radar reflectivity values in clouds at the same altitudes and in
the same time windows of the pdf reported in Figure 4.13. The pdf is negatively skewed with
a sharp decrease for values of Z larger than - 42.5 dBZ. Moreover, the pdf shows a regression
coefficient of 0.85 if fitted over a mono-modal Gaussian distribution, but the coefficient
increases up to 0.95 if the distribution is fitted over a bi-modal Gaussian distribution with

peaks centered around - 50 dBZ and - 42.5 dBZ. This indicates the likely presence of two
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modes in the size distribution of cloud droplets. Known that the radar reflectivity is directly
related to the droplet concentration and to the 6™ power of droplet size and assuming
comparable number concentrations of droplets for the two modes, theoretical simulations
have been used to investigate the possible droplet sizes generating the values of reflectivity
measured by the Doppler radar. The simulations take advantage of existing codes for the
calculation of scattering and absorption properties of cloud droplets at the radar
wavelength, starting from cloud microphysical properties. The codes, based on the T-matrix
method (Waterman, 1971; Barber and Yeh, 1975) and the Mueller-matrix method
(Vivekanandan et al. 1991), use as input data droplet shape, temperature, dielectric
constant, orientation and size distribution and provide different radar products, such as
reflectivity and LDR, as output.

Simulations performed with the code designed by Carey (Carey and Rutledge, 1998) are
performed, assuming a gamma cloud droplet size distribution with mean diameter of 10 um
and number concentration within 100-1000 cm>, as reported in literature for continental
liquid water clouds (Miles et al., 2000; Quante, 2004; Wallace and Hobbs, 2006) and random
droplet orientation distribution. These simulations show that reflectivity values of - 50 dBZ
and - 42.5 dBZ refer to droplet size of about 10 um and 15 um, respectively. Therefore, the
droplet size distribution identified by the radar reflectivity pdf in figure 4.14 is characterized
by mean droplet diameters not greater than 15 um and by the presence of two modes with

droplet diameters around 10 um and 15 um, respectively.
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Figure 4.13: Probability density function of vertical velocities measured by the Doppler radar inside the clouds
at closest altitudes to the base of the ten cloud layers selected in this work that are inside the radar
detectable range. Positive velocities indicate updrafts and negative velocities indicate downdrafts.
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Figure 4.14: Probability density function of radar reflectivity values measured by the Doppler radar inside the
clouds at closest altitudes to the base of the ten cloud layers selected in this work that are inside the radar
detectable range.
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Figure 4.15 shows the scatter plot of vertical velocities versus reflectivity measured by
Doppler radar in clouds at the same altitudes and time windows of the previous pdfs. There
are two main groups of data points (marked areas in Figure 4.15). The points within the
smaller area are characterized by positive vertical velocities, between + 1.5 m stand+3ms
! with a mean value around + 2 m s, and reflectivity values between - 55 dBZ and - 45 dBZ
with a mean value around - 50 dBZ. The points within the larger area are characterized by
lower mainly negative vertical velocities, between - 1.6 m s™ and + 0.6 m s with a mean
value around - 0.4 ms, and reflectivity values over a larger dynamic range, from - 66 dBZ to
- 42 dBZ. The first group represents droplets moving upward, likely because of the buoyancy,
while the second group represents droplets mainly moving downward, probably due to an
entrainment of dry air at the cloud top in correspondence of the interface between clean air
and cloud.

In conclusion, the analysis of the moments of the radar Doppler spectrum provides the
following information: close to the cloud base, cloud droplets have size smaller than 15 pum
and they are likely distributed in two modes, with droplet size around 10 um and 15 pum,
respectively. Regardless of their size, these droplets are distributed in two different groups:
the first is characterized by strong updrafts, with vertical velocities around + 2 m s, the
second is characterized by lighter downdrafts, with vertical velocities around - 0.4 m s™. The

smallest droplets, with reflectivity values less than - 55 dBZ, belong to the last group.
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Figure 4.15: Scatter plot of vertical velocities versus reflectivity measured by the Doppler radar inside the
clouds at closest altitudes to the base of the ten cloud layers selected in this work that are inside the radar
detectable range. Positive velocities indicate updrafts and negative velocities indicate downdrafts. The
smaller marked area represents droplets moving upward, the larger marked area represents droplets mainly
moving downward.

4.5 Aerosol microphysical properties and cloud updrafts-downdrafts

Droplet size distribution in clouds is affected by the size distribution and chemical
composition of aerosol particles in cloud-free regions surrounding the clouds, acting as CCN.
Therefore, the correlations between droplet size distribution and aerosol microphysical
properties are very interesting for studying droplet activation and cloud formation. The size
distribution and complex refractive index of CCN in regions surrounding the clouds are
retrieved from multi-wavelength Raman lidar observations (see Chapter 3, paragraph 3.5).

Figure 4.16 shows the scatter plot of vertical velocities, averaged over the time windows
used for lidar analysis and at closest altitudes to the base of the ten cloud layers selected in
this work that are inside the radar detectable range, versus CCN effective radius in cloud-

free regions surrounding the clouds. The uncertainty ranges involved in the retrieval of CCN
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effective radius are also reported by the horizontal error bars. The errors estimated for CCN
effective radius range from 15 % to 33 %.

Two groups of data points are observed: the first characterized by CCN effective radius
smaller than 0.8 um and negative vertical velocities or downdrafts (area marked in blue in
Figure 4.16), the second with larger CCN effective radius and positive vertical velocities or
updrafts (area marked in red in Figure 4.16). This indicates that CCN with the smaller
effective radius (smaller than 0.8 um) are activated to form droplets moving downward,
while CCN with larger effective radius are activated to form droplets moving upward.

In agreement with previous studies (Kollias et al., 2001), it is possible to suppose that smaller
aerosol particles induce stronger updrafts, probably not detected by the radar at the
beginning of droplet activation. These updrafts generate larger droplets moving downward
also under the effect of entrainment of dry air from the cloud-free atmosphere at the
interface between clean air and cloud top. Larger CCN induce less intense vertical motion,
the droplets are smaller and uplift under the effect of buoyancy.

The correlation between aerosol effective radius and cloud properties has been studied. A
first analysis seems to show that increasing values of the effective radius could be associated
to larger values of the vertical velocity. However, a more quantitative analysis will be
performed on a larger dataset in a follow-up of this work. Moreover, CCN concentration
plays a major role in droplet activation process and it is a very interesting parameter to
correlate with cloud properties.

It is also worth to mention that the small number of data points on the plot in Figure 4.16 is
due to the limitations of radar sensitivity. Therefore, the availability of a Doppler lidar could

strongly improve this kind of studies.
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Figure 4.16: Scatter plot of vertical velocities, averaged over the time windows used for lidar analysis at
closest altitudes to the base of the ten cloud layers selected in this work that are inside the radar detectable
range, versus CCN effective radius in cloud-free regions surrounding the clouds. The horizontal bars represent
the uncertainty ranges. The area marked in blue shows negative vertical velocities for CCN effective radius
smaller than 0.8 um and the area marked in red shows positive vertical velocities for higher values of CCN
effective radius.
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CONCLUSIONS AND OUTLOOKS

Aerosol-cloud interactions, and in particular cloud droplet activation, are not yet accurately
quantified and parameterized in weather and climate models, because their experimental
investigation is very difficult due to the complexity of the involved processes which take
place in the atmosphere far away from the ground. Such investigation needs information on
aerosol microphysical and optical properties in proximity of the clouds, as well as cloud
microphysical, macrophysical and optical properties. This information can be obtained by
ground-based active remote sensing technique, that provides powerful tools for the vertical
profiling of aerosol and cloud properties and for the continuous monitoring of cloud
evolution. In this work, a new methodology for experimental investigation of droplet
activation in optically thin and broken liquid clouds, based on multi-wavelength ground-
based Raman lidar and Doppler radar techniques, has been presented. The methodology has
been applied to twenty cases characterized by the observation of low or mid-level optically
thin broken clouds.

Several properties of cloud layers, such as their geometrical and optical depth, the height
and temperature of cloud base and cloud top, the cloud LWP, have been estimated. A
comparison with the products provided by the Cloudnet retrieval scheme has been
performed. The comparison shows a good agreement with Cloudnet. In particular, Cloudnet
and Raman lidar estimations of the heights of cloud base and cloud top have been
compared, showing how it is possible to improve the accuracy in the determination of cloud
top height using only the Raman lidar signals in comparison to the corresponding
determination obtained with Cloudnet algorithms.

A statistical study of the variability of particle optical properties and humidity to characterize
the transition from cloudy regions to regions surrounding the clouds is presented and
discussed. From this study, threshold values for optical properties at 355 nm, that allow to
discriminate between cloudy and cloudless regions, are identified. These values are 1.0 x 10™
m™* and 3.5 x 10* m™ for extinction coefficient, 0.6 x 10° m™ sr*and 1.0 x 10° m™ sr™* for
backscattering coefficient, 25 sr and 55 sr for lidar ratio. In particular, for values of extinction
coefficient and backscattering coefficient higher than 3.5 x 10* m™ and 1.0 x 10° m™ sr',
respectively, and for lidar ratio values lower than 25 sr, there is an high probability of aerosol

activation and droplet formation; for values of extinction coefficient and backscattering
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coefficient lower than 1.0 x 10* m™ and 0.6 x 10° m™ sr’, respectively, and for lidar ratio
values higher than 55 sr, the probability of aerosol activation and cloud formation is very
low. For values of optical parameters in the range between the threshold values, that is, for
extinction coefficient in the range from 1.0 x 10* m™ to 3.5 x 10”* m™, backscattering
coefficient in the range from 0.6 x 10° m*sr'to 1.0 x 10° m™ srt and lidar ratio in the range
from 25 sr to 55 sr, the probabilities of aerosol activation and not activation are comparable.
These values of optical parameters do not allow to discriminate between cloudy and
cloudless regions and may identify the transition region between clouds and cloud-free
atmosphere or “Twilight Zone” (Koren et al., 2007). These results can be used to directly
evaluate and improve the ability of cloud numerical models to predict the formation of liquid
water clouds, by ground-based Raman lidar measurements of extinction and backscattering
coefficients. This evaluation of cloud models also implies an indirect validation of the
parameterizations of droplet activation used in these models. Moreover, the above
mentioned lidar measurements can be also used to better parameterize model diagnostic
variables based on the comparison of the pdfs obtained by the model and by the
measurements.

Unlike optical parameters, for RH lidar measurements it has not been identified any
threshold value that allows to discriminate between cloudy and cloudless regions, because
these measurements have uncertainties too large to be used for such a discrimination.
Therefore, these measurements do not allow to improve the knowledge of the activation
processes. However, it has been found that droplet activation is always associated to RH
values higher than 85% .

A statistical study of the moments of the radar Doppler spectrum leads to the following
results: close to the cloud base, the radar Doppler velocity typically ranges from - 1.5 m s'to
+0.5 m s?, with a median value around - 0.25 m s™, indicating a prevalence of downdrafts
on the droplets. Close to the cloud base, cloud droplets have size smaller than 15 um and
they are likely distributed in two modes with droplet size around 10 um and 15 um,
respectively. Regardless of their size, these droplets are distributed in two different groups:
the first group is characterized by strong updrafts, with vertical velocities around + 2 m s™,
probably because of the buoyancy; the second group is characterized by lighter downdrafts,
with vertical velocities around - 0.4 m s, probably due to an entrainment of dry air at the
cloud top. The smallest droplets, with reflectivity values less than — 55 dBZ, belong to the
last group.

Finally, a correlation between the effective radius of CCN in cloud-free regions surrounding

the clouds and droplet updrafts and downdrafts close to the cloud base is found: CCN with
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effective radius smaller than 0.8 um are activated to form droplets moving downward, while
CCN with larger effective radius are activated to form droplets moving upward. In agreement
with previous studies (Kollias et al., 2001), it is possible to interpret this correlation
supposing that smaller aerosol particles induce stronger updrafts, probably not detected by
the radar at the beginning of droplet activation; these updrafts generate larger droplets
moving downward in a second stage, also under the effect of entrainment of dry air at the
cloud top from the cloud-free atmosphere. On the other hand, larger CCN induce less
intense vertical motion, the droplets are smaller and uplift under the effect of buoyancy.

The methodology and results presented in this thesis for optically thin and broken liquid
clouds can be used as a basis for future research to improve our understanding of aerosol-
cloud interactions and cloud droplet activation.

Concerning aerosol-cloud interactions, correlations between cloud optical depth and aerosol
optical (optical depth, lidar ratio) and microphysical (effective radius, number concentration)
properties in proximity of clouds can be investigated; moreover, from cloud optical depth
and LWP the cloud microphysical properties (effective radius and number concentration of
droplets) can be retrieved and related to the aerosol optical and microphysical properties.
These correlations will be considered in the follow-up of this work.

Concerning droplet activation, the parameterizations used in the models can be directly
validated and improved by applying them to the thin liquid water clouds considered in this
study. Indeed, the presented methodology allows to derive the aerosol optical and
microphysical properties and aerosol type in proximity of the clouds, the cloud optical and
microphysical properties, as well as information on the updraft speed and atmospheric
thermodynamic properties at the cloud base. All these properties contain information on the
input and output (droplet concentration) data used in droplet activation parameterizations,
as well as on diagnostic or prognostic variables of global, regional or cloud-resolving
numerical models to which these parameterizations are applied. Therefore, these

parameterizations and numerical models can be directly validated and improved.
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